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ABSTRACT
This thesis consists of three papers on the seismic
studies of the continental tectonics of Asia. In the first
paper (J. Geophys. Res., 82, 2945-2969, 1977), seismic
moments of thirteen major earthquakes, which occurred in
central Asia since 1911 to 1967, are calculated from
spectral densities of long-period Love and Ralleigh waves.
The seismic moments are then used with fault lengths
obtained from other seismic and geological data to place
bounds on the average displacements and fault widths of
the earthquakes. Differences in arrival times between
P and pP for some other earthquakes in Asia indicate focal
depths of 40 km. For such a layer, the average rate of
seismic slip between India and Eurasia is estimated to be
about 20 mm/yr from these seismic moments summed in their
tensor form.
The other two papers are submitted to the Journal of
Geophysical Research for publication. The crustal thickness
of Tibet is constrained to be about 65 to 80 km with a low
average shear wave velocity of less than 3.5 km/sec. The
uppermost mantle P and S wave velocities are 8.12+0.06 km/
sec and 4.8+0.1 km/sec, respectively, but this high velocity
layer does not seem to extend to a great depth. The
temperature at the Moho beneath Tibet is compatible with
being at about 750°C if the temperature beneath the platforms
is close to 500 0 C. Such a temperature could reach or exceed
the solidus of the lower crust. From the flow laws of
olivine, the mechanical strength of the uppermost mantle
with such a temperature would not be more than about 1 kb.
Simple one-dimensional heat conduction calculations suggest
that the tectonic and volcanic activity of Tibet could be
explained by the recovery of the geotherm maintained by a
mantle heat flux of about 0.9 HFU at the base of the crust.
The focal depth of the intermediate depth earthquake of
September 14, 1976 is determined to be 90+10 km in the
uppermost mantle of Tibet with predominantly normal faulting
on north-south striking planes. This mechanism is consistent
with the active deformation near the surface of Tibet. The
occurrence of this earthquake and earthquakes 60 km beneath
Hawaii indicates that rapid deformation process could occur
at 700-800 0C and pressures over 20 kb.
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CHAPTER I INTRODUCTION
The following three chapters in this thesis correspond
to three papers on the general subject of continental
tectonics of Asia. The motivation behind these studies is
a better understanding of large-scale active tectonics in
continental areas and especially the tectonic processes
related to the collision between India and Eurasia about
40 m.y. ago. Many aspects of earthquake seismology are
applied as important methods in this study.
In Chapter II, seismic moments of thirteen major
earthquakes in central Asia are calculated from spectral
densities of long-period Rayleigh and Love waves. The
seismic moments allow us to constrain the average slip
and fault widths provided that information on fault length
is available from other forms of geophysical and geological
data, such as field observations and aftershock relocations.
The average rate of seismic slip between India and Eurasia
is estimated from the seismic moment data which has a time
span of about 50 years. This estimate involves slips on
many faults with different orientations and the static
seismic moment is expressed in its tensor form,
corresponding to a double couple source, in order to
perform such an estimate. The estimated slip rate is
inversely proportional to the thickness of the layer where
earthquakes can occur. This question is briefly investigated
by observing the differences in travel times between P and
pP to constrain the focal depths of some other earthquakes
in Asia. Then the average seismic slip rate is estimated
and compared with the total convergence rate of about
50 mm/yr between India and Eurasia.
Much attention has been paid to the Tibetan plateau
because of its unique active deformation, conspicuous
location and elevation and its controversial (but most
important) role in the understanding of the continental
collision process.
The seismic velocity structure of the Tibetan plateau
is discussed in Chapter III from a combined interpretation
of surface wave dispersion, a synthesis of one PL-phase,
refraction profiles and teleseismic S-P travel time
residuals for earthquakes in and around Tibet. The result
is consistent with the proposal of a double crustal
thickness beneath Tibet. But the uppermost mantle P and
S wave velocities are fairly high. We further discuss the
tectonic implications of these results starting with an
estimate of the uppermost mantle temperatures which, in
fact, could reach the solidus of the lower crust and cause
volcanism. The mechanical strength of the uppermost mantle
is also estimated from flow laws of olivine at the
estimated temperatures. Analytical solutions are found
for simple one-dimensional heat conduction problems
approximating the situation of a thickened crust and these
calculations suggest that the tectonic and volcanic
activity could be explained by the recovery of the geotherm
maintained by a heat flux at the base of the crust.
Radioactive heating can be treated separately from the
boundary condition with prescribed heat flux. It could
also contribute to the rising of the geoTherm as a result of
a thickened crust if the distribution of radioactive heat
producing elements is not concentrated near the surface.
The focal depth and source mechanism of an intermediate
depth earthquake in southern Tibet on September 14, 1976 is
studied in detail in Chapter IV. With differences in travel
time of P, pP and sP phases, shapes of Rayleigh wave spectra
and a synthesis of the P phases, the focal depth is
constrained to be 90+10 km and is most likely in the Tibetan
uppermost mantle. With P wave first motion polarities, an
inversion of the amplitudes of the P phases, and synthetic
seismograms of these phases, the fault plane solution is
constrained to be a predominantly normal faulting with
an approximately east-west trending T-axis. The tectonic
implications of this event is discussed.
9.
CHAPTER II
SEISMIC MOMENTS OF MAJOR EARTHQUAKES AND THE AVERAGE RATE OF SLIP IN CENTRAL ASIA
Wang-Ping Chen and Peter Molnar
Department of Earth and Planetary Sciences, Massachusetts Institute of Technology
Cambridge, Massachusetts 02139
Abstract. Seismic moments for 12 major
earthquakes (M > 7.6) in central Asia from 1911
to 1967 were calculated from long-period
Rayleigh and Love wave spectral densities.
With fault lengths estimated from geological
field observations of surface faulting,
intensity distributions, or master event
relocations of aftershocks, the calculated
moments place bounds on the average slip and
fault widths. The following table summarizes
the calculated moments, estimated fault lengths,
and inferred possible average displacements.
Earthquake
Location Year
Kebin, 1911
Kirgizia
Haiyuan, 1920
Kansu
Ku-long, 1927
Kansu
Fuh-Yun, 1931
Sinkiang
Bihar-Nepal 1934
Eastern 1947
Himalaya
Khait, 1949
Tajikistan
Assam, 1950
India
South Tibet 1951
Muya, 1957
Siberia
Gobi-Altai, 1957
Mongolia
Mogod, 1967
Mongolia
Length,
Mo, dyn-cm km
4.9 x 1027 180
3.0 x 1028
4.3 x 1027
8.5 x 1027
1.1 x 1028
9.8 x 1026
2.4 x 1027
4.0 x 1028
4.6 x 1027
1.4 x 1027
1.3 x 1028
3.8 x 1026
200
150
300
130
?
Slip,
m
2.3
10
2.4
1.9
5.4
?
70 3.7
250
200
35
270
40
6.6
?
4.5
3.2
1.0
The inferred average displacements on the
faults, in general, agree with field
observations, if in some cases rupture zones
extend to 40-km depth. Differences in arrival
times between P and P for some other
earthquakes in Asia indicate focal depths of
40 km and support the inference of brittle
failure to the same depth. The average strain
pattern caused by seismic slip shows a nearly
north-south horizontal compression (or
shortening), a considerable amount of vertical
expansion of the crust (uplift and crustal
thickening), and some nearly east-west
horizontal extension. For different assump-
tions about recurrence rates of large and
small earthquakes the calculated shortening
for a layer 40 km thick is about 20 mm/yr.
It is tempting to infer that the remainder of
the 50-mm/yr convergence between India and
Eurasia occurs as fault creep. As this rate
is inversely proportional to the assumed
thickness of the layer, given the uncertainties
in the estimates of the moments, all of this
convergence could occur as seismic slip
without fault creep in a layer 40 but not
100 km thick. Similarly, the calculated
seismic slip rate seems to be too high for all
of the seismic slip to be confined to a thin
layer such as the San Andreas fault (0l km).
Introduction
The current tectonic activity in central
Asia is interpreted as a consequence of a
continental collision between India and
Eurasia [e.g., Dewey and Burke, 1973; Molnar
et al., 1973; Molnar and Tapponnier, 1975].
Since the late Eocene, approximately 2000 km
of crustal shortening seems to have taken place
after the collision between India and Eurasia.
Major east-west trending left-lateral strike-
slip faults and other major tectonic features
in China and Mongolia are revealed by the
interpretation of Landsat photographs, fault
plane solutions, and the surface deformation
during earthquakes. Molnar and Tapponnier
[1975] infer that the pattern of deformation
is such that a considerable amount of the
convergence between India and Asia is absorbed
by lateral motion along these strike-slip
faults.
In the present study we determined the
seismic moments of major earthquakes (M > 7.6)
(Table 1 and Figure 1) in this area since
1911 and calculated the average rate of
deformation caused by slip during earthquakes.
The seismic moment (Mo ) is the fundamental
parameter describing static changes in the
earth caused by earthquakes. Mo = VAAi, where
p is the rigidity, A is the fault area, and
Au is the average displacement along the fault
[Aki, 1966]. By summing the seismic moments
for many earthquakes during the last 100 years
we calculate the average seismic slip rate
and compare it with the relative convergence
rate between India and Eurasia.
Data and Analysis
We collected as many seismograms as we
could for earthquakes in central Asia since
1911 with M > 7.6 (Table 1) and determined
their seismic moments from long-period
surface wave spectral densities [Aki, 1966].
All the seismograms used in this study for the
earthquakes occurring before the installation
of the World-Wide Standardized Seismograph
TABLE 1. Major Events in central Asia, 1911-1957
Corrected
Epicentral Spectral Source
Distance, Az, Period, Instru- Magnifi- Density,a Moment, Parameters,b
Station Component deg deg Phase s ment cation cm-s dyn-cm deg
January 3, 1911 23h 25m 45s 42.8 0N, 77.3 0E (M = 8.4, c 8. 7d)
102.2 125 Ri 100 Wiechert 2.2 10.9 5
102.2 125 Ri 100 Wiechert 1.5 7.4 3
50.6 -56 RI 100 Wiechert 6.0 15.5 7
December 16, 1920 12h 05m 48s 36.620 N, 105.400 E (M = 8 . 6 d
May 22, 1927
65.0 -67
62.5 
-45
62.5 
-45
158.0 -26
GI 100
Gl 100
G2 100
22h 32m 42s
RI
RI
R1
GI 1
21h 18m 40
G2 100
G2 100
G2 100
RIV
RIV
PAR
RIV
RIV
UPP
HOH
GTT
GTT
LPZ
COP
SFAe
UPP
RAV
RIV
RIV
VICf
SJpe
Wiechert
Wiechert
Wiechert
1.1
1.2
1.8
38.050 N, 102.370 E
Wiechert 4.5
Wiechert 5.4
Wiechert 7.8
S Wiechert 5.1
s 46.89 0N, 90.06 0 E
Wiechert 2.1
Milne-Shawe 4 e
Wiechert 1.4
27.550 N, 87:090 E
Wiechert 3.9
Wiechert 1.3
Wiechert 1.8
Milne-Shawf 4
Wennere 9.4e
23.1
23.0
33.8
(M = 8.0, c 8 . 3 d)
3.1
18.5
6.4
11.8
.0 x
.4x
.0 x
2.8
2.8
3.5
1.3
8.0
2.8
1.2
(M = 8.0c , 7 .9 d)
39.4 1.1
31 .5e 9.7
24.5 5.8
(M = 8.3, C 8.
40.3
14.7
29.4
0.059 g
8.3e
4d)
1.7
6.8
1.4
9.8
8.2
1027
1027
1027
1028
1028
1028
1027
1027
1027
1028
1028
1027
1027
10 2
1027
1028
1027
1027
90, N70E, 45N;
low angle thrust
45, N7ow, 45S;
oblique thrust
45, N60W, 45S;
oblique thrust
0, N20W, 90;
strike-slip
90, EW, 20N;
low angle thrust
81.9
58.2
143
143
-36
43m 18s
50
100
100
100
100
August
46.7
84.5
42.6
10, 1931
-49
-13
-45
1934
-47
131
131
20
-33
January 15,
62.3
85.9
85.9
100.0
127.9
08h
RI
GIl
GIl
R2
G3
50
50
50
00
TABLE 1. (continued)
Corrected
Epicentral Spectral Source
Distance, Az, Period, Instru- Magnifi- Density, Moment, Parameters,
Station Component deg deg Phase a ment cation cm-s dyn-cm deg
13h 43m
Rl
R1
Rl
RI
GI
22s
50
100
100
100
100
03h 53m 36s
Ri 50
R1 100
28.630 N, 93.730 E (M =
Wiechert 4.5
Wiechert 1.2
Wiechert 1.2
1-90 21.8
1-90 21.8
39.270 N, 70.59-E
Wiechert
1-90
6.3
21.8
7. 7 ,c 7 . 9 d)
5.2
1.7
5.3
0.66
0.34
(M = 7.6 c )
8.2
1.7
1.8
1.3
4.1
3.2
3.0
1027
1027
1027
102 6
1026
1.3 x 10 28
4.4 x o1026
90, EW, 10ON;
low angle thrust
90, EW, 45S;
thrust
CHIe
PAS
PAS
PAS
PAS Z
PAS Z
PAS Z
PAS Z
PAS Z
PAS
TKYi
TKY NS
TKY NS
August 15, 19
109.8
109.3
109.3
109.3
109.3
109.3
109.3
109.3
109.3
109.3
37
37
37
50 14h 09m 30s 28.38 0N, 96
3 G3 100 McComb-
Romberge
30 R3 250 1-90
30 R3 200 1-90
30 R3 150 1-90
30 R4 250 1-90
30 Rh 200 1-90
30 Rh 150 1-90
30 R5 250 1-90
30 R5 200 1-90
30 R5 150 1-90
68 GI 200 Omori
68 GI 150 Omori
68 GI 100 Omori
.760 (M = c8 6  Td
. .28
3.4 59.' 3.7 x 10
(2.0 x 1 0 29h)
2.3 115. 5.9 x 1028
(1.4 x 1029)
4.5 107. 4.5 x 1028
(1.0 x 1029)
9.0 87. 3.3 x 1028
(6.4 x 1028
2.3 115. 5.9 x 1028
(1.4 x 1029)
4.5 63. 2.7 x 1028
(6.0 x 1028)
9.0 52. 2.0 x 1028
(3.8 x 1028)
2.3 124. 6.3 x 102 8
(1.5 x 1029)
4.5 163. 6.9 x I028
(1.6 x 1029)
9.0 57. 2.2 x 1028
(4.2 x 1028)
30. 7.2 x 1027
(4.0 x 1028)
35. 7.7 x 1027
(3.9 x 1028)
46. 8.7 x 1027
(3.6 x 1028)
175, N25W, 55E;
nearly strike-slip
(depth is 30 kmn)
STU
RIV
RIV
PAS
PAS
UPP
PAS
July 29,
65.7
82.4
82.4
110.3
110.3
1947
-1356
135
28135
28
10, 1949
-40
8
July
38.8
106.4
.76
o
E
TABLE 1. (continued)
Corrected
Epicentral Spectral Source
Distance, Az, Period, Instru- Magnifi- Density,a Moment, Parameters,b
Station Component deg deg Phase s ment cation cm-s dyn-cm deg
November 18,
62.5
85.7
85.7
59.0
109.7
109.7
109.7
109.7
June
58.6
47.1
78.4
78.4
1951
-48
134
134
-40
25
25
25
25
27,1957
-4-8
-36
43
43
09h
R1
Gl
Gl
R1
R1
Gl
G3
G3
00h
RI
RI
G2
G3
35m 47s
50
100
100
50
100
100
100
100
09m 28s
50
50
100
100
30.98.N,
Wiechert
Wiechert
Wiechert
Wiechert
1-90
1-90
1-90
1-90
56.200 N,
Wiechert
Wiechert
30-90
30-90
91.49eE
1.9
1.2
1.0
5.7
21.8
21.8
21.8
21.8
116.59 0E
1.5
7.1
440
44o0
December 4. 1957 03h 37m 45s 45.310 N, 99.21-E
RAV
RIV
RIV
COP
PAS
PAS
PAS
PAS
STU
UPP
PAS
PAS
UPP
STU
PAS
PAS
PAS
PAS
PAS
PAR
-42
-51
30
30
30
30
30
30
100
100
250
200
250
200
250
200
Wiechert
Wiechert
30-90
30-90
30-90
30-90
30-90
30-90
2.3
0.3
36.
83.
36.
83.
36.
83.
(M = 8 .0,c 7 .9d)
52.0 2. 352.06.5
8.5
2.1
2.0
8.7
14.5
42.3
(M = 7.91)
1.3
9.6
4.1
4.0
(M = 8.3J)
10.4
6.1
54.7
37.8
48.4
30.9
49.5
34.6
2.3
7.2
9.4
9.4
8.5
2.8
4.6
1.3
9.1 x
6.5x
8.3 x
8.1 x
1.2
6.3
2.2
1.2
1.9
1.0
1.9
1.1
1028
1027
1o27
10 26
1026
1027
1027
1028
1026
1027
1026
1026
1028
1027
1028
1028
1028
1028
10 28
1028
-135, N67W, 45N;
normal and strike-
slip
Xb0
0
-34, N1l9E, 62S;oblique normal
.
o
42, NT7W, 42s;
strike-slip A
and thrust
and thrustn
avalues are horizontal displacement spectral densities for G waves, or vertical displacement spectral
densities for R waves if using z-component; horizontal displacement spectral densities otherwise. All are
no malized for geometrical spreading and attenuation to the source.
The source parameters are the slip angle, the strike and the dip, respectively. Source depth is
fixed at 25 km except where otherwise noted.
cValue is from Gutenbure and Richter [1954].
dValue is from Richter [1958].
eInformation is from Brune and Engen [1969], and the spectral density is at A = 90o (Uz for R wave).
fInformation is from Brune and King [1967], and the ground amplitude is at A = 900 (Uz for R waves).
gThis value is the absolute ground amplitude in cm.
hThe values in parentheses are calculated for a pure thrust fault striking N81
0 E, dipping 120 N.
iData for this station are from Ben-Menahem et al. [1974].
JValue is from Duda [1965].
48.2
57.8
93.4
93.4
93.4
93.4
93.4
Q3. 4
--------------c--~---------"~~-----~~~-' -- ~~~ -- ~~~~~--
f n ,
..1
Fig. 1. Map showing major recent tectonic features of Asia (adapted from Molnar and Tapponnier
[1975]), events studied from 1911 to 1967, and major shocks from 1862 to 1907.
---- -----~  _ ~_ __ _ __ ___ -_ _~---------~------ ------s__ --s_~_~_
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Fig. 2a. Seismograms of Kebin event of 1911, Riverview, Australia, and Paris.
Sections between
densities.
Network (WWSSN) are shown in Figur
Surface waves with periods up to 6
clearly recorded in all cases. We
the seismograms, corrected them fo
ture of the trace due to a stylus
length, and calculated spectral de
In general, we used the average sp
sity over the period range of 90 t
Whenever clear signals with period
than 100 s were recorded, particul
long paths (e.g., R2 or G2 ), we us
spectral densities at the longer p
on the other hand, signals with pe
100 s were not directly visible on
gram, we used spectral densities o
periods of 50 s; however, in this
densities were used only for stati
relatively simple paths which do n
continental margins or the heterog
ture that exists in much of Asia.
Love waves (G2 and G3 ) with period
recorded by long-period seismograp
WWSSN to study the Mogod, Mongolia
of January 5, 1967.
Fault plane solutions were dete
initial motions of P waves or from
field observations and macroseismi
otherwise were inferred from well-
fault plane solutions of other nea
events that presumably occur on th
tectonic features. The seismic mo
then calculated by assuming a doub
crosses are digitized and used to calculate the spectral
es 2a to 2i. force configuration and a steplike time
0 s are function, from the spectral densities by using
digitized the tables constructed by Ben-Menahem et al.
r the curva- [1970]. We then took for the seismic moment
of finite the geometric average of the different
nsities. estimates.
ectral den- Fault lengths were estimated from surface
o 110 s. breaks observed in the field, intensity
s much longer distributions, or master event relocations of
arly for very aftershocks. The main shock was used as a
ed the master event, and station residuals from the
eriods. If, master event were subtracted from the
riods of arrival times of the aftershocks to calculate
the seismo- the new locations of the aftershocks. Stations
nly for not used to locate the main shock were not
case spectral used to relocate the aftershocks. We used the
ons with arrival times listed in the Bulletin of the
ot cross International Seismological Summary (ISS). We
eneous struc- arbitrarily assigned an uncertainty of 2 s for
We used each of the arrival times and used a program
s of 200 s written by B. Julian, in which arrival times
hs of the from particular stations are assigned weights
, earthquake depending on their calculated residuals. Focal
depths were restrained to 15 km, as in general
rmined from there were no nearby stations to constrain the
geologic depths. For most events, calculated
c data or uncertainties were less for the master event
determined epicenters than for the regular relocations,
rby recent and we estimate that in general the relative
e same relocations were no more uncertain than 25 km.
ments were Sometimes observations of relative displace-
le-couple ments on faults were available from field
15.
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Fig. 2bI Seismograms of Riverview.N
Fig. 2b; Seismograms of Riverview.
studies of the earthquakes. In such cases we
used the estimates of moment, fault length,
and displacement to infer the fault width.
.he principal sources of the uncertainty in
the estimation of the seismic moments are (1)
the assumed fault plane solutions, (2) the
measurements of the surface wave spectral
densities, and (3) the assumption of an
appropriate stratified earth model or the
assumption of the time function of the source
in the theoretical calculations. For several
cases we explored different fault plane
solutions and found that the particular choice
did not matter very much. Only for gross
errors could this make the calculated moment in
error by as much as a factor of 2. Moreover,
the uncertainty in the average value from
several different stations is likely to be
correspondingly less than that for estimates
from one station.
Errors in the measured spectral densities
arise from a possibly inaccurate knowledge of
the instrument responses and from imprecise
analog to digital conversion especially for
low signal-to-noise ratios. The uncertainty
contributed by the instrument response is
difficult to estimate but in most cases
probably is much less than a factor of 2. To
minimize the errors in digitizing, digitized
seismograms were plotted and overlain on
original seismograms for comparison. When
traces were written by pens with finite lengths,
after the curvature of the trace was removed,
the seismograms again were plotted to be sure
that the signal was not distorted. As was
mentioned above, only signals for which long-
period surface waves were visible to the eye
were used. This minimized the possibility of
Fourier analyzing only noise or nonlinearly
distorted signals.
No correction for the finiteness of the
sources was made. For a uniform slip with
constant rupture velocity v (v3.5 km/s) along
a long fault the amplitude spectrum is multi-
plied by an azimuthally dependent factor
sin X/X, where
X = Lw(l/v - cos e/c)12
Here L is the fault length, e is the azimuth
between the fault strike and the path to the
station, and C is the phase velocity [e.g.,
Ben-Menahem, 1961]. Only for a limited range
of azimuths and only for the largest earth-
quakes will the spectral density be affected
significantly by the finiteness of the sources.
For the longest faults, periods much longer
than 100 s were generally used. Moreover, for
most events the azimuthal coverage is broad
enough that the finiteness of the source will
have little effect on the average moment.
Possibly erroneous earth models and the
attenuation factors given by Ben-Menahem et al.
[1970] are likely to be less important.
The overall uncertainty of the estimates of
the seismic moments varies frmn event to event
and is less for the more recent events than
for the older events. In extreme cases,
2 C I
16.
0, n
17.
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Fig. 2c. Seismograms of Riverview and Copenhagen.
estimates from individual stations may be in
error by as much as a factor of 3 or 4. As
estimates from several stations and at
different periods are generally within this
range of each other, the average moment should
be more precise. Although for some earthquakes
the average estimate may still be in error by
this factor, for most cases and in particular
for the largest events, we consider the
estimates to be precise to within a factor of 2.
Unless there is some gross systematic
error in the calculations or assumptions (such
as an incorrect fault plane solution), we
think that the estimates are accurate to
this factor also.
Results for Individual Earthquakes
In this section we describe briefly each
earthquake and the assumed fault plane
sdlutions. We then give the average slip
based on the calculated moment and inferred
fault length, and for an arbitrarily chosen,
but reasonable fault width.
Event of January 3, 1911, in Kebin,
Kirgizia, USSR (42.8 0N, 77.3 0 E). The geologi-
cal effects of the Kebin event in the Tien Shan
were studied in the field both immediately
after the earthquake [Bogdanovich et al., 1914]
and more recently [Kuchai, 1969; Shebalin,
1972]. Bogdanovich et al. [1914] observed a
clear fault scarp showing thrust sense of
motion with vertical displacement of about 4 m
near 42.830N, 77.350 E (Figure 3). This appears
to be the maximum displacement that they
observed along a zonV of destruction, with
segments of surfacebreaks and landslides,
trending east-west for about 200 km.
Shebalin [1972] inferred a nearly east-west
trending fault about 180 km long from the
distribution of the maximum intensity (X)
isoseismal.
Two clear recordings of Rayleigh waves
(Figure 2a) lie on paths in nearly opposite
directions from the source. From the measured
spectral densities and a fault plane solution
inferred from solutions of more recent events
[Molnar et al., 19731 the seismic moment is
estimated to be 4.9 x 1027 dyn-cm (Table 1),
which corresponds to 2.3 m of average slip
on a 180 x 40 km2 fault. In comparison with
the 4-m maximum vertical displacement observed
in the field [Bogdanovich et al., 19141 this
value is reasonable.
Event of December 16, 1920, in Haiyuan,
Kansu (36.620 N, 105.h00E). This was one of the
most catastrophic events in history. After
their expedition, Close and McCormick [1922]
described the epicentral zone as 'where the
mountains walked'. Landslides accompanying the
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Fig. 2d. Seismograms of Pasadena, California.
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Fig. 2e. Seismograms of Pasadena, California.
0
shock were reported to have displaced super-
ficial features such as roads and houses up to
1 mi (1.6 km) without apparent damage.
Avalanches in an area of 160 x 480 km2 caused
2 x 105 reported deaths on the loess plateau.
The maximum intensity reached XI to XII, partly
due to unusual surficial conditions
[Seismological Brigade of Lanzhou et al.,
1976]. o
Only a few aftershocks were recorded at a
small number of stations, and they cannot be
relocated accurately. Recent resurveys W
[Seismological Brigade of Lanzhou et al.,
1976] indicate a surface rupture 200 km long
with a strike of N50 0 to 700 W. Some vertical
displacement near the epicenter was observed
as was left-lateral horizontal displacement, 8
which is consistent with the P wave first o
motion recorded in Tokyo.
We obtained three seismograms with
recordings of long-period surface waves from
this event (Table 1 and Figures 2b and 2i)
but unfortunately with nearly the same
azimuths. The relatively large excitation
of Love wave is consistent with a mechanism
with a large component of horizontal
displacement. If a fault plane striking
NT70OW is assumed and there is half each of
horizontal and vertical motion, the calculated
seismic moments for dips of 450 and 900
differed by only 10%. By using the 450
dipping plane the seismic moment is determined
to be Mo = 3.0 x 1028 dyn-cm, which corre-
sponds to an average slip of 10 m (about
7 m horizontal movement) for a 200 x 50 km2
fault.
Event of May 22, 1927, in Ku-long, Kansu
(38.050N, 102.370 E). This event occurred
approximately 300 km to the northwest of the
1920 Haiyuan shock. The area of destruction
forms an ellipse elongated in the northwest
direction with a length of 600 km, but by
comparing the intensity distribution with
that of the Haiyuan shock, we estimated the
rupture length to be about 140 kmn.
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Fig. 2g. Seismograms of Stuttgart, Hohenheim, and Ravensburg, Germany.
Various types of surface ruptures formed.
One 10-km-long rupture shows a vertical
displacement of 3 to 5 m with the north side
down [Seismological Committee of the Academia
Sinica, 19561. In the resurvey report of the
Haiyuan event [Seismological Brigade of
Lanzhou et al., 1976] this shock was considered
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Fig. 2h. Seismograms of Gttingen, Germany,
and La Paz (San Calixto), Bolivia.
to be on the same tectonic feature as the
Haiyuan event. Thus we infer that the fault
plane solution for this event is nearly the
same as that for the 1920 Haiyuan earthquake.
The moment estimated from recordings at
three stations (Figures 2g and 2h) is 4.3 x
1027 dyn-cm, which corresponds to an 2
average slip of 2.4 m for a 150 x 40 km faul
Event of August 10, 1931, in Fuh-Yun,
t.
Sinkiang (46.890N, 90.060 E). Little
information is available for this earthquake,
probably because of the low population density
near the epicentral zone. The Seismological
Committee of the Academia Sinica [19561
described high intensities (XI) and a surface
rupture 300 km long extending approximately
north-south. The epicenter lies near a north-
northwest striking fault that is inferred from
an interpretation of Landsat photographs to be
mostly strike-slip [Molnar and Tapponnier,
1975]. This inference is consistent with the
fact that surface wave observations show larger
Love waves than Rayleigh waves (Table 1 and
Figures 2c and 2i). Among the three stations
used, especially large amplitudes for Love
waves were recorded at Seven Falls (SFA)
[Brune and Engen, 1969], to which the path
makes an azimuth of about 80 from the assumed
fault strike.
With station azimuth coverage from three
stations of only about 400 the moment is
determined to be 8.5 x 1021 dyn-cm, which
corresponds to an averaje displacement of
1.9 m for a 50 x 300 km fault or 3.8 m for a
25 x 300 km2 fault.
Event of January 15, 1934, in Bihar-Nepal
(27.550N, 87.090E). Isoseismals of maximum
intensity X (Mercalli) extended in a west-
northwest direction from the epicenter, with
a total length of 130 km and a width of 30 km
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[Dunn et al., 1939]. This field survey also
showed a 'slump belt' of 300-km length trending
in the same direction. Within the belt,
tilting or destruction of buildings, emission
of sand and water from the ground, and various
fissures were widely observed. Dunn et al.
[1939] inferred a strike-slip sense of motion
along a west-northwest striking fault from the
intensity observations. Fault plane solutions
of more recent earthquakes in this region,
however, show low-angle thrust faulting
[e.g., Fitch, 1970; Molnar et al., 1973], and
we assume a mechanism of this type.
Note that datum for station Victoria (VIC)
iS: 10
00:31 R
2 CM f )
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Fig. 3. Fault scarp of the 1911 Kebin earthquake near 42.830W, 77.330 E looking
towards north-northwest (reproduced from Bogdanovich et al. [1914]).
is the amplitude of ground displacement from
Brune and King [19671. The seismic moment
from it is evaluated by using another set of
tables by Ben-Menahem et al. [1970]. As this
amplitude of ground motion depends on the
slope of the group velocity dispersion curve
explicitly, the structure along the ray path
is more important than it is when spectral
densities are used. The average seismic
moment from five measurements at three
stations is 1.1 x 1028 dyn-cm, which corre-
sponds to an average slip of 5.4 m for a 130 x
50 km2 fault.
Event of July 29, 1 947T in the eastern
malaya (28.63"N, 93.730 E). Little
information is available for this event, which
occurred near the eastern end of the Himalaya,
and few aftershocks are reported in the ISS.
Thus we cannot estimate the fault dimensions.
Fault plane solutions of three more recent
earthquakes which occurred within 100 km of
this epicenter show east-west trending nearly
vertical dipping nodal planes and poorly
ccnstrained but shallow dipping nodal planes
[Fitch, 1970; Molnar et al., 1973]. We assume
shallow angle thrust faulting to the north.
The average seismic moment-from five measure-
ments at three stations is 9.8 x 1026 dyn-m.
Event of July 10, 1949, in Khait,
Tajikistan, USSR (39.270 N, 70.59 0E). This
event occurred on the Hissaro-Kokhshal fault
zone along the border of the southern Tien Shan
[e.g., Gubin, 1960, 1967]. Field observations
indicated a shallow long source with a
considerable amount of vertical motion during
the earthquake [Gubin, 1960, 1967]. Isoseis-
mals of maximum intensity (X) extend 65 to 70
km in an east-west direction.
Gubin [1960, 1967] inferred that the
faulting was reverse on a nearly vertical
plane dipping slightly to the south. Unfor-
tunately, P wave first motions do not uniquely
define a single set of nodal planes [Wickens
and Hodgson, 1967] but are consistent with
this solution. The calculated seismic moment
from two stations is not well determined. Its
value of 2.4 x 1027 dyn-cm corresponds to an
average slip of 3.7 m for a 70 x 30 km2 fault.
Event of August 15,l 1950, in Assam, India
(28.380N, 96.760 E). This event was studied
extensively by Ben-Menahem et al. [1974], using
Rayleigh to Love wave and R2/R3 amplitude
ratios at Pasadena (PAS), the P/PP amplitude
ratio at Tokyo (TKY), and surface wave spectral
densities and ground amplitudesat PAS, TKY,
and Bergen. They concluded that a fault
22.
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Fig. 4. Fault plane solutions of Assam
earthquake of 1950. Lower hemisphere
projection of P wave first motions. Open
circles indicate dilatation, and solid
circles indicate compression. Note that
a low-angle thrust (dotted lines) dipping
to the north fits the data as well as the
strike-slip solution [from Ben-Menahem
et al., 1974] (solid lines).
striking N260 W and dipping 600 E with nearly
pure strike-slip motion is compatible with
all the above observations, as well as with
first motions of P waves reported in the ISS,
the aftershock distribution, and macroseismic
effects.
Using P wave first motions, Tandon [1955]1
determined a fault plane solution showing
normal faulting on an east-west striking plane
dipping 750 N. Ben-Menahem et al. [1974]
pointed out, however, that three stations
(New Delhi, Poona, and Helwan) cited as
dilatations in Tandon's study were reported
as compressions in the ISS. They determined a
fault plane solution shown in Figure 4. A low-
angle thrust dipping to the north can explain
the P wave first motions equally well (Figure
4) and is similar to fault plane solutions for
other earthquakes in this area [e.g., Fitch,
1970; Molnar et al., 1973]. Ben-Menahem et
al. [1974] apparently rejected this solution
because it disagrees with the Rayleigh/Love
wave amplitude ratio at PAS. They also
preferred the solution with a large component
of strike-slip faulting because of the
distribution of aftershocks.
Using the main shock as a master event, we
relocated about 100 aftershocks relative to it.
We think that the uncertainty of the relocation
for about 75 of them is less than 25 km, yet
the epicenters scatter over a wide area
(Figure 5). This scatter remains when only
events occurring within L day of the main
shock are considered and is too large for all
of the aftershocks to lie on a single fault
plane. The majority of the aftershocks lie
beneath the Himalaya in a zone approximately
250 km long and 100 km wide. A cluster to the
southeast suggests a fault zone oriented
north-northwest and opens the possibility of
a source involving more than one plane. A
complicated source involving more than one
plane is implied by the distribution and
fault plane solutions of aftershocks of the
1964 Alaskan earthquake [Stauder and Bollinger,
1966]. The main shock near Prince William
Sound appears to be at the junction of a low-
angle thrust extending southwest to Kodiak
Island and a hinge fault extending east-
southeast. A speculative analogy for the
Assam event would be a combination of the two
possible solutions shown in Figure 4. Such
motion would involve both the underthrusting
of the Indian Plate beneath the Himalaya
along a shallow dipping fault and northward
motion of the Indian plate past material east
of it along a right-lateral strike-slip fault.
It turns out that the Rayleigh/Love wave
amplitude ratio at PAS is very sensitive to
small changes in the assumed fault strike and
slip angle. A combination of strike-slip and
underthrusting can fit this ratio at PAS with
only slightly different parameters for the
strike-slip component from those assumed by
Ben-Menahem et al. [1974]. It seems that this
ratio at PAS is probably not a very strong
constraint on the source mechanism of this
earthquake.
We calculated seismic moments by assuming
both a low-angle thrust and Ben-Menahem et al.'s
[1974] strike-slip fault plane solution. In
general, the low-angle thrust model gives a
moment twice as large as that for the strike-
slip faulting, but both are much smaller than
the value given by Ben-Menahem et al. [19741].
Ben-Menahem et al. [1974] reported a seismic
moment of 2.5 x 1029 dyn-cm. (They give
UodS = 7 x 1018 cm3 and PUodS = 2.5 x 1030
dyn-cm, which are obviously misprints on page
276 of their study.) Using the spectral density
data at TKY (the only spectral density data
that they reported with units) and their fault
plane solution, we obtained a seismic moment of
7.8 x 1027 dyn-cm. If we assume the same
fault plane solution and use the data from PAS
and Chicago (CHI), the average seismic moment is
4.0 x 1020 dyn-cm, which corresponds to an
average slip of 6.6 m for a 250 x 80 km 2 fault.
For the low-angle thrust fault the seismic
moment is estimated to be 9.5 x 1028 dyn-cm,
which corresponds to about a 16 m average slip
on a 250 x 80 km2 fault.
Event of November 18, 1951, in southern
Tibet (30.980N, 91.490 E). Although apparently
little is known about this event, it was
assigned a large magnitude (M = 8) [Richter,
1958]. Relocation of 10 aftershocks with re-
spect to the main shock suggests a west-
northwest trending fault of about 150 to 200 km
length (Figure 6). Tapponnier and Molnar
[1977] inferred that the regional tectonic
pattern near the epicentral zone is mainly
east-west trending strike-slip faulting and
north-south trending normal faulting. Thus we
assumed a fault plane solution with a combina-
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Fig. 8. Observed and calculated spectral densities of G2 and G3 waves normalized to
the source for the Mogod earthquake. Theoretical spectral density is calculated
for the average moment 3.8 x 1026 dyn-cm.
tion of right-lateral strike-slip and normal
faulting on a plane dipping 45 0N with the strike
constrained by the aftershock distribution.
The seismic moment calculated from eight
measurements at four stations is 4.6 x 1027
dyn-cm.
Event of June 27, 1957, in Muya, Siberia
(56.200N. 116.590E). The Muya earthquake
was one of the largest known events in the
Baikal Rift system. Field studies [Solonenko,
1965; Solonenko et al., 1966] indicate a
component of left-lateral strike-slip faulting
(-1.5 m) and primarily normal faulting with as
much as 5 to 6 m of dip-slip at one site on a
35-km-long fault. The pattern of deformation
is complex, and the average slip might have
been less than 5 m. The trend of the zone of
surface deformation is nearly east-west. P
wave first motion data agree with a solution
with normal and left-lateral strike-slip motion
on a plane striking east-southeast [Vvedenskaya,
1960; Wickens and Hodgson, 1967].
Clear dispersed wave trains of G2 and G3
with periods up to 100s or more are recorded at
Pasadena (Figure 2e) and are consistent with
the assumed fault azimuth and the 2xistence of
strike-slip motion.
The average seismic moment from three
stations of 1.4 x 1027 dyn-cm corresponds to
an average slip of 4.5 m on a 35 x 30 km2 fault,
in reasonable agreement with that from the
field observations.
Event of December 4, 1957, in Gobi-Altai,
Mongolia (45.310N, 99.210 E). The 1957 Gobi-
Altai event occurred on the Bogdo fault of
southern Mongolia. The fault plane solution
is quite well constrained (work of L. M.
Balakina in the work of Florensov and Solonenko
[1963] and shows a combination of overthrust
and strike-slip motion. This solutiou is
consistent with the observed surface faulting
reported by Florensov and Solonenko [1963]
and is summarized in Figure 7. The epicentral
zone has a surface break at least 270 km long,
and the maximum horizontal displacement
reaches 8.85 m at one site. This earthquake
also caused relative motion on other nearby
(as far as 30 km away) tectonic features (e.g.,
the Tormkhon overthrust). Relocated epicenters
of the 23 largest aftershocks relative to the
main shock clearly follow the general trend of
the surface break, and most of the aftershocks
cluster in a zone of 300 km long (Figure 7).
Ben-Menahem and Toksiz [1962] studied this
event, using the Rayleigh wave directivity
at PAS and inferred a fault length of 560 km.
Later, Okal [19761 constructed synthetic
seismograms of the Love waves at PAS and found
27.
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Fig. 9. Horizontal section of the representation quadric of average strain times
2PAv and strain ellipsoid (highly exaggerated) of the average strain tensor
caused by seismic slips from 1911 to 1967. Note that the magnitude of the
strain in a given direction is proportional to the reciprocal of the square
root of the length of the radius vector r in the drawing of the representation
quadric. Equation for the hyperbola intersecting l'-axis is 37 X1 '
2 
- 85 X2'
2 
= 1
(in 1027 dyn-cm).
source parameters similar to the fault plane
solution from P wave first motion data and that
agreed with a fault length of 270 km. These
parameters are also consistent with his time
domain analysis of Love waves at Palisades and
Strasburg and of Rayleigh waves at Pasadena.
Our estimate of Mo = 1.3 x 1028 dyn-cm based
primarily on recordings of R4, R5 , and R6 at
Pasadena agrees well with Okal's [1976] esti-
mate (Mo = 1.8 x 1028 dyn-cm).
The average slip calculated from the seismic
moment of 1.3 x 1028 dyn-cm is 3.2 m for a
270 x 50 km2 source or 6.4 m for a 270 x 25 km
2
source. The field observations show an
average displacement in this range when aver-
aged along the fault [Brune and Allen, 1967].
Event of January 5, 1967, in Mogod, Mongolia
(48.150N, 102.900 E). The Mogod earthquake is
the only event used in this study which
occurred after the installation of the WWSSN.
The fault plane solution given by P wave data
is well constrained with nearly pure strike-
slip motion on a vertical fault striking north
or east [Molnar et al., 1973]. Surface fault-
ing and aftershock epicenters clearly indicate
a north-south fault about 40 km in length
[Natsag-Yum et al., 1971]. The surface break
curves toward the southeast at the south end,
where some uplift of the east side was
observed. Love waves (mostly G3 ) with periods
of 200 s recorded on 16 WWSSN stations (Figure
8) were analyzed, and the seismic moment was
estimated to be 3.8 x 1026 dyn-cm. Okal
[1976] also reported preliminary results on
this event, the seismic moment being 3.2 x 1026
dyn-cm. Our estimate of the seismic moment
is consistent with about 1 m of average slip,
as was observed in the field, on a 40 x 30 km2
fault.
Average Rate of Deformation
The seismic moment tensor for the source
model with a dipole force acting on a plane cut
can conveniently be represented as
Mij = M (binj + bjn i ) i, j = 1, 2, 3 (1)
where Mo is the scalar moment value equal to
1AA3 and b and n are the unit vectors in the
direction of slip and normal to the plane of
the cut, respectively. The principal axes of
Mi- are the P, T, and B axes [Gilbert, 1970].
Folilowing this definition, Kostrov [1974]
showed the average irrotational strain in a
volume due to discrete slips on different cuts
within the volume to be
N (x)
ij = (1/2PAV) Z M (2)
x=l ij
where Mij.. are summed over all N cuts in the
volume and AV is the total volume.
When the rate of the change of length due to
irrotational strain only in one direction i
is sought, we have N (x)
A= 1 ( E M3) )1
At 2pAobt x= )l i j  (3)
where AV = £Ap andAt is the time span during
which the seismic slip took place. Because of
the symmetry of the seismic moment tensor, the
pure rotational strain is ignored in Kostrov's
[1974] method. If the orientations of the
fault planes involved are randomly distributed
throughout the deformed body, however, the
rotational strain will cancel and equation (3)
gives the total average displacement.
We take the east and north directions as the
1 and 2 axis respectively, and the 3 axis
23.
STRAIN ELLIPSE
TABLE 2. Major Events in central Asia 1862-1907
Assumed
Seismic Moment,
Date Latitude Longitude Location M Assumed Source Parameters dyn-cm
Jan. 12, 1862 530N 1090E Proval Bay, N6 0°W, 450S dipping normal fault 1 x 10 2 7
Siberia
July 12, 1889 430N 790E Chilik, Tien-Shan Same as those for 1911 Kebin event 5 x 1027
June 12, 1897 260N 910 E Assam, Himalayas 8.7 Same as those for 1934 Bihar-Nepal 4 x 1028
event
Aug. 22, 1902 40N 770 E Pamir 8.6 Same as those for 1949 Khait event 3 x 1028
April 4, 1905 330 N 760 E Kangra, 8.6 Same as those for 1934 Bihar-Nepal 3 x 1028
Himalayas event
28
July 9, 1905 490 N 990 E Khangai, Mongolia 8.4 N600 E striking, vertical strike-slip 3 x 1028
fault
July 23, 1905 490N 980 E Khangai, Mongolia 8.7 East-vest striking vertical strike- 5 x 1028
slip fault
Dec. 22, 1906 43.5 0N 850 E Kashgar, Tien- 8.3 Same as those for 1949 Khait event 5 x 1027
Shan
Oct. 21, 1907 380 N 690 E Pamir 8.1 Same as those for 1949 Khait event 3 x 1027
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With the assumed fault
the seismic moment values
1, the sum of the moment
-4.9 3.7 .1
-6.0 -3.8 x 102 dyn-cm
-3.8 4.8]
The magnitude of the sum in the direction
of ?-axis (north-south horizontal) is 6.0 x
1020 dyn-cm.
< In our case, the dimensions of the deformed
volume in both north-south and east-west
directions are about 3000 km (Figure 1).
Assuming a thickness of 40 km for the upper
part of the lithosphere where brittle
deformation can occur, we have an average slip
rate due to strain of 15 mm/yr for the time
span of 1911 to 1967 or 13 mm/yr for 1911 to
1976 in comparison with the relative conver-
gence rate of about 50 mm/yr between Indian
and Eurasian plates[Le Pichon, 1968; Minster
et al., 1974]. (x)
Diagonalizing Mij, we obtain
j (2dV) =
9.4
0
0
0 o0
-8.8 0o
0 -o.6
28
x 10 dyn-cm (5a)
or
4.4 0 0
ij= 0 -4.1 j x 10-7 (5b)
0 -0. V = 40 x 3000 x 3000 km
3
with the corresponding principal directions
shown in Figure 9. The horizontal cross
section of the representation quadric (Figure
9) shows that the calculated average strain
caused by seismic slip in central Asia is near-
ly north-south compressional. In addition to
uplift and crustal thickening, some east-west
extension also exists.
Effect of small earthquakes.. The values
calculated here include the contributions of
only the largest events. The contribution
of smaller events can be estimated by using
frequency-magnitude and magnitude-moment
relations. If we assume that b = 1 in the
frequency-magnitude relation (log N = a - bM)
and a magnitude-moment relation,
log Mo = 1.5 Ms + 16.0 (6)
from Aki 11972] on the basis of the w-1 model
of Brune and King [1967] for Ms > 5.0, the
total moment for events with magnitude ranging
from 5.0 to 7.6 is about 37% of that for events
with magnitudes ranging from 7.6 to 8.7 studied
here. By further assuming that for smaller
events the magnitude-moment relation has a
slope of 1, the total moment for events with
magnitudes ranging from 3.0 to 5 is about 5%
of that for events with magnitudes from 7.6 to
8.7. These percentages are doubled or halved
if b = 1.2 or 0.8, respectively. There is a
suggestion that b is somewhat lower in Asia
than it is elsewhere [Molnar et al., 1973;
Sykes, 1970], so that the effect of smaller
28
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Fig. 10. Magnitudes versus seismic moments
for events studied here (pluses). Circles
represent assumed seismic moments for
events from 1862 to 1907.
earthquakes probably increases the calculated
values of EMij or Tij by only 40% or less.
Effect of incorrect fault plane solutions.
The assumed fault plane solutions contribute
to the uncertainties in the estimation of slip
rate both directly and indirectly through
their effect on the estimates of seismic
moments. The Assam earthquake of 1950, which
has the highest seismic moment of all the
events studied (Table 1) and for which the
assumed slip vector is nearly horizontal,
contributes nearly 50% of the total slip from
1911 to 1967 along the north-south direction.
Although the slip vector differs slightly for
the two possible fault plane solutions (Table
1) and the corresponding moments differ by a
factor of 2, the slip rate in the north-south
direction remains essentially unchanged. The
calculated vertical and east-west stretching
depend very much on which fault plane solution
is assumed. If we assume that only shallow
angle underthrusting occurred with no component
of strike-slip motion, then the vertical
expansion is increased by 70%, but there is
no calculated east-west stretching. This
calculation probably shows the largest possible
effect of an erroneous fault plane solution.
Effect of nonstationarity of seismicity.
Clearly, the recurrence rate of very large
shocks has a large effect on the estimated
average slip rate, and perhaps the level of
seismicity during the last 66 years is not
representative of a longer time average. In
fact, Richter [1958] listed seven major shocks
in this area between 1897 and 1907, and two
others in 1862 and 1889, are clearly comparable
in magnitude to those studied here (Figure 1
and Table 2). The two 1905 Mongolian earth-
quakes were studied by Okal [1977] and moments
calculated by him agree well with the displace-
ments and lengths of surface faults observed
by A. V. Voznesenskii (cited by Florensov and
Solonenko [1963])and more recently by N. A.
Florensov, S. D. Hilko, and others. The July
vertically upward.
plane solutions and
summarized in Table
tensors is
12 (x) 1.3
zM = i -4.9
z=1 L 3.7
303.
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Fig. 11. Long-period vertical component seismograms of the WWSSN showing pP
arrivals of two selected events with focal depths of approximately 45 and
30 km, respectively. Relevant information on those readings is given in
Table 3.
23, 1905, event appears to have caused no less
than 2.5 m of left-lateral slip as well as an
unknown component of reverse faulting on a
370 km-long east-west fault. The July 9, 1905,
event seems to have ruptured a shorter fault,
striking about N600E with a complicated
pattern of deformation (S. D. Hilko, personal
communications, 1974, 1975).
The geological effects of the 1862 Proval
Bay event on Lake Baikal appear to be
comparable or perhaps larger than those of the
Muya event [Solonenko, 1968]. A large bay
formed when part of the Selenga River delta
dropped relative to the lake level. (Proval
translates from Russian to 'gap' or 'sink'.)
The intensity distribution from the 1889 Chilik
earthquake ,[Mushketov, 1891] is comparable in
maximum intensity and area to that of the 1911
Kebin earthquake [Bogdanovich et al., 1914],
and we assume that they have the same moment.
Seismic moments for the remaining events are
estimated approximately from the magnitude-
moment relation for the Asian events discussed
above (Figure 10). Fault plane solutions are
assumed to be the same as for adjacent events
studied in the previous section.
If a 40-km-thick layer is assumed, the
calculated slip rate, averaged from 1862 to
1967, is 23mm/yr in the north-south direction
in comparison with 15 mm/yr for 1911 to 1967.
As Davies and Brune 11971] suggested that the
seismicity in around 1900 in this area was
particularly high, the difference between the
rates that include and exclude these earlier
data gives an estimate of the uncertainty in
the calculated rates due to the nonstationarity
of the seismicity. When averaging over 1862
to 1967 the contribution from the Assam event
is relatively small, but the pattern of
deformation remains essentially north-south
compressional, the smaller extension being in
the east-west and vertical directions. In the
absence of other information we tentatively
assume that the effect of the nonstationarity
ATU
IST
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of seismicity contributes less than a factor
of 2 error to our calculated strain field and
slip rate.
Comparison of seismic slip rate with the
India-Eurasia convergence rate. The calculated
seismic slip rate for a layer 40 km thick and
including smaller earthquakes for 1911 to 1967
is about 20 mm/yr, whereas India moves north
with respect to Eurasia at 50 mm/yr. When one
considers the uncertainties in the calculated
strain fields due to errors in the moments
themselves, erroneous fault plane solutions,
and the nonstationarity of the seismicity, this
rate could be in error by a factor of nearly
5 in the case where all the errors conspired
to underestimate or to overestimate the cal-
culated strain field. Even if the seismic
slip rate were overestimated by this much,
the rate (or the thickness of the brittle
deforming layer) is considerably larger than
that for Iran, where seismic slip accounted
for a negligible fraction of the convergence
rate with Arabia [North, 1974]. Alternatively,
if the calculated seismic slip rate were 5
times too small, then brittle deformation would
necessarily extend to o40-km depth and probably
deeper. Regardless of the error in the
calculated slip rate the convergence between
India and Eurasia requires a considerable
amount of aseismic slip in the upper 100 km of
the mantle, a result that is perhaps not
surprising but is different from that of most
island arcs [Davies and Brune, 1971].
Depth of brittle zone. Because of the
inverse proportionality between slip rate amd
layer thickness in the estimate of the calcu-
lated strain field it perhaps makes more sense
to ask what the thickness of the layer is in
which brittle deformation must occur. Given a
convergence rate of 50 mm/yr, all brittle
deformation could be contained in a layer of
several kilometers thick with the same
extreme uncertainty of a factor of 5. However,
if all of the earthquakes ruptured only the
upper 10 km as is observed for the San Andreas
fault system, the calculated seismic moments
would require an average slip much greater than
that observed in the field. Moreover, stress
drops for nearly all of the earthquakes would
be in excess of 100 bars and therefore greater
than the values typically reported. In fact,
we found that to keep the calculated average
slip in the faults in accord with the observed
slip, in several cases it was necessary for
faults to rupture to about a O40-km depth.
Even for depths of 20 km, stress drops for
some events were calculated to be unusually
high. However, given the uncertainties in the
seismic moments and the few events studied,
this inference of rupture zones extending to
40 km is perhaps not convincing.
To examine the depth of faulting further,
we searched for events in Asia with clear pP
phases and found many events with time inter-
vals between P and pP of about 10 s (Figure
11 and Table 3), suggesting focal depths of
about 30 to 35 km. One event might have been
as deep as 50 km (Figure 11). Probably,
brittle deformation does not extend to this
depth in all parts of Asia, yet Armbruster
et al. [1977] showed that small earthquakes
TABLE 3. Selected pP observations
Station
Distance,
deg
November 13, 1965
AAE
AAM
ADE
BKS
STU
Azimuth, T*p_p
deg s
04h 33m 53.2s
54.8
93.9
91.1
94.2
52.2
246
354
140
43.80N, 87.7 0 E
15
15
June 2, 1973 23h 57m 04.2s 44.10N, 83.60 E
ATU
COL
IST
JER
TAB
44.5
64.2
39.7
39.6
28.6
284
22
285
269
*Arrival time difference between P and pP.
in the Himalaya of Pakistan occur as deep as
60 km. It is because of these observations
that we assumed a thickness of 40 km above.
Conclusion
We estimated the seismic moments for 12
major earthquakes in central Asia since 1911
and compared them with the offsets and fault
lengths observed in the field or with fault
lengths inferred from intensity and aftershock
distributions. For some events, these data
suggest that depths of faulting reach 40 km,
considerably greater than depths of earthquakes
and seismic slip along the San Andreas fault.
Differences in time between P and pP confirm
that brittle failure does extend to this depth
in parts of Asia.
The pattern of deformation caused by the
seismic slip shows north-south compression,
vertical expansion (uplift and crustal
thickening), and a smaller amount of east-west
extension. If deformation in Asia includes a
large component of eastwards displacement of
China with respect to India and Eurasia on
strike-slip faults, this displacement seems
to occur mostly by fault creep instead of by
seismic slip. The calculated average seismic
slip rate in the north-south horizontal
direction is about 20 mm/yr for a 40-km-deep
brittle zone of lithosphere averaged from 1911
to 1967. In comparison with the 50-mm/yr
relative motion between Indian and Eurasian
plates, only a fraction of the relative
convergence is released in the form of seismic
slip. The uncertainties in the calculated slip
33.
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rate do not allow for an accurate estimate of
this fraction or, alternatively, of the
thickness of the brittle zone. Nevertheless,
this fraction of the relative convergence is
much larger than that in Iran, where most of
the convergence seems to occur by fault creep
[North, 1974], and it is consistent with the
inference that brittle deformation extends
to 40-km depth in much of Asia.
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Abstract
We combine observations of group and phase velocity
dispersion of Rayleigh waves, of the wave form of a long
period PL phase,of Pn and Sn velocities from unreversed
refraction profiles using earthquakes, and of teleseismic
S-P travel time residuals to place bounds on the seismic
wave velocity structure of the crust and upper mantle under
Tibet. From surface wave measurements alone, the Tibetan
crustal thickness can be from 55 km to 85 km, with
corresponding uppermost mantle shear wave velocities of
about 4.4 km/s to 4.9 km/s, respectively. The Pn and Sn
velocities were determined to be 8.12+0.06 km/s and 4.8+0.1
km/s respectively using travel time data at Lhasa from
earthquakes in and on the margins of Tibet. With these
estimates of the uppermost mantle velocity and with the surface
wave dispersion, the crustal thickness is most likely to be
between 65-80 km with an average shear wave velocity in the
crust less than 3.5 km/s. A synthesis of one PL wave form
does not provide an additional constraint to the velocity
structure but is compatible with the range of models given
above.
Measurements of both teleseismic S wave and P wave
arrival times for nine earthquakes within Tibet show
unusually large intervals between P and S compared with the
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Jeffreys-Bullen Tables. We infer that most of the large
interval is due to delays in the S wave travel times. These
delays are not a consequence of errors in the Tables, because
S wave and P wave arrival times from eight earthquakes in
the nearby Himalaya agree quite well with them. A minimum
delay of the S waves of two to three seconds exists even if
the focal depth of Tibetan events were only 5 km, while
Himalayan events were 33 km. Thus the Pn and Sn velocities
apparently do not reflect high velocities in the mantle to a
great depth beneath Tibet.
From the dependence of the seismic velocities of olivine
on pressure and temperature and from the similarity of the
measured Pn and Sn velocities beneath Tibet and beneath
shields and platforms, the temperature at the Moho beneath
Tibet is compatible with being 250-300 warmer than beneath
shields and platforms, i.e. 750 0 C if the temperature beneath
the platforms is close to 500 0C. Such a temperature could
reach or exceed the solidus of the lower crust. From the
flow laws of olivine, the mechanical strength of the uppermost
mantle with such a temperature would not be more than about
1 kb and would decrease rapidly with depth. Simple one-
dimensional heat conduction calculations suggest that the
tectonic and volcanic activity could be explained by the
recovery of the geotherm maintained by a mantle heat flux
of about 0.9 HFU at the base of the crust. If the
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distribution of radioactive heat production elements were
not concentrated at the top of the crust, radioactive heating
could also contribute significantly to the recovery of the
geotherm and thus lower the required mantle heat flow. Thus
the idea of a thickened crust in response to horizontal
shortening is compatible both with these data and with these
calculations.
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INTRODUCTION
With an average elevation of about 5 km above sea
level over an area of 7 x 105 km2 , the Tibetan plateau is
certainly one of the most conspicuous topographic features
on earth. To the south and southwest, it is bounded by the
Himalayan convergent zone where the continental collision
between India and Eurasia plates manifests itself
predominantly by low angle thrusting [e.g. Fitch,1970; Molnar
et al., 1973, 1977]. The Altyn Tagh and the Kun-Lun left-lateral
strike-slip faults form its northern boundary [e.g. Molnar
and Tapponnier, 1975; Tapponnier and Molnar, 1977]. In
contrast, recent normal faulting [e.g. Molnar and Tapponnier,
1975, 1978; Ni and York, 1978] and volcanism are widespread
over the plateau [Burke et al., 1974]. With its complex
variations of active tectonic styles and its massive volume,
the evolution of the Tibetan plateau has been recognized as
a key to the understanding of continent-continent convergent
processes [e.g. Dewey and Burke, 1973; Molnar and Tapponnier,
1975, 1978; Toksiz and Bird, 1977].
Primarily because of its inaccessibility, geological
data available about Tibet are very limited. Upper Cretaceous
limestones seem to cover much of Tibet [Hennig, 1915; Norin,
1946]. This observation places a lower bound on the time of
uplift, but we are not aware of evidence that constrains the
timing more tightly. Volcanism, which is apparently quite
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young is widespread on the plateau [e.g. Burke, et al.,
1974; Kidd, 1975]. Recently Deng [1978] reported Quaternary
calc-alkaline to alkaline volcanics in northern Tibet at
sites close to those of the earlier findings of Norin [1946].
Similar rock types have also been reported along the southern
part of Tibet [Chang and Cheng, 1973; Hennig, 1915; Kidd, 1975].
Apparently, so far, no basalt has been found in these field
studies, which are of limited geographic coverage. From the
lack of basalts, Dewey and Burke [1973] inferred melting only
of crustal materials as the source of the volcanics.
Given the unusual elevation and the limited geologic
data, the crustal and upper mantle structures are important
constrains on the geologic evolution of the plateau. Gravity
data are too limited to provide a tight constraint. Amboldt
[1948] reported one gravity measurement within the plateau
that is consistent with isostatic equilibrium. Chang and
Cheng [1973] also inferred isostatic equilibrium from more
recent, but unpublished gravity data. As pointed out by
Bird and Toksbz [1977] the crustal thickness of Tibet is
likely to be from 55 to 70 km assuming isostatic compensation
with mantle properties varying from a mid-ocean ridge-like
conditions to stable shield-like environments.
Almost all the previous seismic studies of Tibet are
based on group velocity dispersion curves of surface waves
[Bird, 1976; Bird and Toks6z, 1977; Chun and Yoshii, 1977;
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Patton, 1978; Tung and Teng, 1974; Tseng and Sung, 1963].
In general, these investigators concluded that the crust
is about 70 km thick with a relatively low upper mantle
shear wave velocity (near 4.5 km/s). The mantle velocities,
however, cannot be well constrained with surface wave data
alone [Der et al., 1970]. The possible trade-off between
upper mantle velocities and crustal thickness was not
investigated in most of these studies, and little attention
has been given to the uncertainties and bounds of allowable
velocity structures. We do not consider the results in
the published studies to be conclusive evidence for crustal
thicknesses of 70 km, and consequently we have carried out
a study of not only surface wave dispersion but of other
seismic phases.
Considering that the crust is thick now, but probably
was not thick before the collision between India and Eurasia
in the early Tertiary, there have been two extreme mechanisms
proposed for the thickening of the crust and the uplift of
the plateau. Dewey and Burke [1973], Toks~z and Bird [1977]
and probably others suggested that Tibet formed by relatively
uniform crustal shortening and thickening (like an accordion)
in response to horizontal compression. Others [e.g., Argand,
1924; Powell and Conaghan, 1973, 1975] inferred that low angle
underthrusting of one crustal block (India) beneath another
(Tibet) is the dominant mechanism for creating the high
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plateau. Both models require a decrease, if only temporary,
in the crustal temperature gradient due to the crustal
thickening. Therefore a more quantitative treatment of
either situation is required to explain how volcanism could
occur on the plateau. Furthermore, the latter model is
thought by many to be mechanically unlikely.
The existence of the volcanoes and the inference of
relatively low seismic wave velocities led logically to the
suggestion that the upper mantle beneath Tibet is relatively
hot and light. Part of the high elevation but not the crustal
thickening could be a consequence of thermal expansion of the
underlying mantle. Although these various opinions diverge
considerably, and the specific physical processes are vaguely
described at best, the ultimate cause of Tibet's elevation,
thick crust and volcanism is virtually unanimously attributed
to the India-Eurasia collision.
The existing data for Tibet are too scarce to disciminate
among the various proposed evolutionary mechanisms, but tectonic
models of the evolution of the India-Eurasia continental
collision must provide satisfactory explanations for the
structure of the plateau. Furthermore, studying the geophysical
characteristics of the Tibetan plateau and the active Himalaya
probably provides basic information that constrain the processes
of large scale continental tectonics in general.
44.
The purpose of this study is to present a comprehensive
seismological dataset that places improved constraints on the
seismic velocity structure of the crust and upper mantle
beneath the Tibetan plateau. We discuss separately the
four relatively independent seismic methods employed: surface
wave dispersion for paths crossing the plateau, synthesis of a
PL phase crossing the plateau, Pn and Sn refraction profiles
using earthquakes in Tibet and the Himalaya, and teleseismic
S wave travel time residuals from earthquakes in and near
Tibet. In each section describing the individual seismic phases,
a brief introduction and, in some cases, a review of the
theories is given, followed by the results of observations.
Constraints on possible models and discussions of them are
then presented. At the end, we present an interpretation of
all the observations and discuss their tectonic implications.
None of the studies of individual seismic phases requires
a unique velocity structure, but a consistent model of the
crustal thickness and uppermost mantle velocities can be
obtained from the combined observations. In particular, the
non-uniqueness of the velocity structure has been reduced
considerably by the determination of the uppermost mantle
velocities from refraction profiles.
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SURFACE WAVE DISPERSION
a) Dispersion Curves
We analyzed long-period seismograms for nine earthquakes
in and near Tibet recorded at one or more of the four stations
of the World Wide Standardized Seismograph Network (WWSSN)
just south of the Himalaya (Table I). More than 80% of each
of the great circle paths is within the plateau. We chose
not to use long paths across much of Asia because of the
difficulties in deciding how to regionalize them and because
of the likelihood of marked lateral refraction at the
boundaries of Tibet and elsewhere. We trust more the results
obtained from paths confined as much as possible to Tibet.
Thus, the range of epicentral distances is limited to about
200 (Fig. 1). We analyzed only seismograms that have high
signal to noise ratios and for which a minimum amount of
multi-pathing was apparent (Fig. 2). For only two paths were
clear long-period (>60 sec) Rayleigh waves recorded with large
amplitudes (Fig. 2a).
The multi-filtering technique [Landisman et al., 1969]
was used to obtain the group velocity dispersion curves.
Gaussian band-pass filters centered at each given frequency
were applied to the seismograms and the arrival times of the
peaks of maximum energy on the filtered traces give the
group arrivals. The group velocity resolution is inversely
proportional to the bandwidth of the filter at a given
frequency.
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We analyzed only fundamental modes of both Love and
Rayleigh waves with periods from 10 to 90 sec. Group velocity
dispersion curves for Rayleigh waves differ from one another
by about 3% (Fig. 3a), which is comparable with that in some
previous studies [e.g., Chun and Yoshii, 1977]. The dispersion
curves between 30s and 60s are poorly defined because of a
low signal to noise ratio, which is apparent from visual
inspection of the seismograms. The amplitudes on the seismograms
are reduced, at least in part, because the group velocity
dispersion curve is very steep in this particular frequency
band, but Bird and Toks6z [1977] inferred an extremely high
attenuation in this band as well. Thus the uncertainty of
this part of the dispersion curve is very large, and we
assume that this part is essentially undetermined. Compared
with the previous studies mentioned above [e.g., Chun and
Yoshii, 1977; Bird and Toks6z, 1977] our long-period Rayleigh
wave group velocities are about 2 to 3% faster at 70 to 80 sec
but slower at longer periods by about the same amount. This
difference contributes partly to the differences in preferred
mantle velocity models. Love wave group velocities observed
here also differ from one another by from 5 to 10% (Fig. 3b).
No clear Love wave with period longer than 70 sec was observed.
We also used phase velocities to aid in the discussion
of these observations. Phase velocity dispersion curves
(Fig. 4) can be calculated using the standard single station
method:
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C(W) = X/( + Wt - F - + 2nr)
where C is the phase velocity as a function of angular
frequency w, x the propagation distance, 0' F and I
are the observed phase delay, calculated focal phase delay
and the instrumental phase delay respectively, t is the time
interval between the origin time of the earthquake and
the beginning of digitization, and n is the integer determined
by assuming known phase velocity at long periods, where an
integral change in n gives large change in phase velocity.
A combination of a mislocation of 10 km and a 2 sec
error in origin time can cause an error of 0.8% in determinations
of both group and phase velocities at a distance of 200. An
uncertainty in the group arrival time or phase delay of one-
eighth of the period at periods near 80 sec leads to an
uncertainty of 1.6% in group or phase velocity at this
distance. We assume a total combined maximum error of up to
3% in both is possible for the long period end of the dispersion
curves. The uncertainty in the group velocity at short-periods
should be less. However, lateral heterogeneity will have a
much large effect on relatively shorter wavelength components
than the larger wavelength components. This might be part of
the reason why there is a fairly large scatter in the data
at short periods.
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For shallow events, the source depth is not important
at long periods. Because both events have nearly vertical
strike-slip fault plane solutions, obtained primarily from
P wave first-motion polarities, [Molnar et al., 1973;
Tapponnier and Molnar, 1977] the uncertainty in the calculated
phase delay F is small. At extreme conditions, assuming anF
error of 0.2 cycles in various phase delays, an error of 3.4%
in phase velocity is possible if all the errors conspired
together for periods near 80 sec and a distance of 200. The
relatively large error in the phase delay assumed here takes
into account the effect of a possible non-step-like source
time function.
Note that the two Rayleigh wave seismograms with large
signal-to-noise ratios at long periods have different paths
(Fig. 1). The I-NDI path is almost entirely within Tibet
except at the southwestern end where it crosses the Himalaya
at a high angle. The II-SHL path across part of the Pamir
before it entered Tibet and then met the Himalaya at a low
angle. The difference between the two observations at periods
longer than 60 sec could be simply due to observational errors,
but it might actually reflect real differences in average
velocity structures for different paths.
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b) Velocity Models
Resolving power of data and assumptions in models:
Before interpreting the data, we briefly review the
resolution of surface wave observations on velocity structures.
Assuming a laterally homogenous earth structure, Der et al.,
[1970] investigated effects of observational errors on the
resolving power of surface waves using synthetic data with
periods and distances comparable to those used here. Their
most relevant conclusions are:
1. Over similar period ranges the fundamental Rayleigh
mode yields considerably better resolution than the fundamental
Love mode. The latter contributes little to the resolution of
the upper mantle velocity.
2. If observations are restricted to fundamental modes
only, crustal models with no more than 3 layers are justified.
3. With both fundamental mode Rayleigh and Love waves
and their first higher modes, the shear-wave velocity (Vs )
resolution in the upper crust, lower crust, and uppermost
mantle are about 0.05, 0.08, and 0.1 km/sec, respectively.
In particular, the shear wave velocity resolution is only
0.1 km/sec for a layer 100 km thick centered at a depth of
125 km. With both the fundamental and the first higher mode
Rayleigh wave, the resolving power is close to that of the
combination of all four modes.
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4. Unless the period range of group velocity observations
for Rayleigh and Love wave fundamental modes exceeds 80 sec,
the upper mantle velocity resolution is poor.
5. The above summary is appropriate for group velocities.
Phase velocity observations provide somewhat less resolution
than group velocity observations with the same observational
errors.
Der et al. [1970] assumed standard deviations of group
velocities of approximately 0.3% near 15 sec and 1.5% at
80 sec; these errors are probably smaller than ours. With
reliable group velocity observations of fundamental Rayleigh
and Love waves at limited frequency band and with fairly
large scatter (Fig. 3), and phase velocity measurements of
fundamental Rayleigh mode between 60 to 90 sec only (Fig. 4),
we did not perform a formal inversion. Instead, we examined
a range of plausible models; and then from a comparison with
the observation, we placed bounds on the range of possible
structures.
In constructing these models, we further assumed that:
1. The velocity structure below 90 km for most models
and density structure for all models are the same as Gutenberg's
continental model [Dorman et al., 1960].
2. The ratio of P wave velocity to S wave velocity
is fixed at 1.73 in the crust and 1.80 in the uppermost mantle.
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3. The shear wave velocity of the top 3.75 km is fixed
at 2.55 km/sec [Chen and Molnar, 1975]. We did not consider
the period range 5 to 10 sec here.
4. No more than 3 layers in the crust, excluding the top
sedimentary layer, are included and the mantle between the Moho
and a depth of 90 km is assumed to be homogeneous.
Since the resolution of P wave velocities is very poor
compared with the resolution of S wave velocities, we examined
dependencies of the dispersion curves only on Vs in the mantle,
the crustal thickness, and the shear wave velocity structure in
the crust. Theoretical dispersion curves were compared primarily
with Rayleigh wave group velocity observations, but for selected
structures comparison was also made with Rayleigh wave phase
velocity observations. Love wave group velocity observations
served only as a loose constraint. As long as theoretical
values fall within the scatter of these data, no further
comparison with them was made. Surface wave dispersion at the
short period range (<30 sec) does not constrain the crustal
thickness or the upper mantle shear wave velocity much. Little
attention will be paid to these short period range observations
in the following discussion of these two subjects.
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Crustal thickness and upper mantle S wave velocities:
Rayleigh wave dispersion curves for three different
crustal thicknesses (55, 70, and 85 km) were calculated for
a range of uppermost mantle shear wave velocities ( )
from 4.4 to 4.9 km/s (Figs. 5-10). At long periods, higher
values of n cause faster Rayleigh wave group velocities
(Figs. 5-7), and greater crustal thicknesses cause lower group
velocities (Figs. 8-10). For a crustal thickness of 55 kin,
only the model with the lowest value of m (4.4 km/s, model F4)
fits the upper curve of the Rayleigh wave group velocity
observations (Figs. 5 and 8). A lower value of m would bem
required to fit the lower curve, and if the assumed thickness
of the crust is less than 55 km, , must be lower than 4.4 km/s.
For a 70 km thick crust (Fig. 6), however the m seems to be
constrained to be near 4.7 km/s (Model S7) or higher in order
to be consistent with observed group velocity dispersion curves.
Values of Bm as small as 4.4 km/s seem to be incompatible with a
70 km crust (Figs. 6 and 8). If we further increase the crustal
thickness to 85 km (Fig. 7), the observations constrain the 8
to be 4.8 km/s or even 4.9 km/s, (Figs. 7 and 10), but the fit
between the observed and theoretical curves appears to us to be
worse than for the previous cases of 55 km and 70 km thick
crust. These results confirm Der et al.'s [1970] numerical
experiments that show that surface wave dispersion alone is
inadequate to constrain both the crustal thickness and the
upper mantle shear wave velocity tightly.
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Phase velocity dispersion curves for four velocity
models are plotted with the two observed dispersion curves
in Fig. 4. The curve for model F4 (55 km thick crust,
am = 4.4 km/s) lies within the scatter of the observations.
Both model S7 (70 km thick crust, am = 4.7) and model SE
(70 km thick crust, Sm = 4.8, with the lowermost crustal
velocity lower than that of model S7) fit the observed
phase velocities for the I-NDI path well and were within
the uncertainties of the observations for the II-SHL path.
Model S4 (70 km thick crust, Sm = 4.4 km/s) does not fit
the II-SHL observed phase velocities and is systematically
lower than the data for I-NDI. It turns out that if
Sm > 4.8 km/s, however, the phase velocity data cannot rule
out a crustal thickness of 85 km.
Velocity structure of the crust: The crustal structure is
constrained primarily by the shorter period portion of the
dispersion curves. Fig. 11 shows the theoretical Rayleigh
wave group velocity dispersion curves for 7 different models
with fixed crustal thickness of 55 km and am = 4.4 km/s.
If the acceptable values of the calculated Rayleigh wave group
velocities are those that lie within the scatter of our data,
an average crustal shear wave velocity (R) of 3.5 km/s seems
to be too high (Fig. lla). A single layer between the top
low velocity layer and the Moho will not fit the data either
at this low value of F (Fig. llb). By adding a higher
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velocity layer at the base of the crust and maintaining a
constant 7, dispersion curves can be constructed that agree
well with the data (Fig. llb).
Calculated Rayleigh wave group velocity dispersion
curves for 5 different crustal structures with a 70 km thick
crust and Sm = 4.7 km/s, also suggest that 7 is less than
3.5 km/s (Fig. 12). Thus an average shear wave velocity in
the crust of less than 3.5 km/sec is consistent with the data
despite the assumed crustal thicknesses. The long-period end
of the dispersion curve, however, is sensitive to the shear
wave velocity in the lower crust. For instance, the addition
of a relatively high velocity layer (such as V s = 3.9 km/s)
between 60 and 70 km depth has the same effect on the long
period portion of the dispersion curve that an increase of
8 (such as from 4.7 to 4.8 km/sec) below 70 km has (Fig. 12b,c).
m
These variations are, of course, only examples of many other
possibilities. Thus there are trade-offs between the lower
crustal shear wave velocity and 8 which is in turn coupled
m
with the crustal thickness.
For crustal thickness of 85 km, the constraints on the
crustal structure placed by surface waves will be even looser
than the previous discussions for 55 and 70 km thick crust
cases. We did not investigate any detailed models for this
crustal thickness.
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The most important constraint that surface wave dispersion
places on the crustal structure is that the average crustal
shear wave velocity is low (<3.5 km/s). The data also seem to
be better fit by a series of layers of increasing velocity
than by a single layer of uniform velocity in the crust below
sediments. Our data do not require a low velocity zone in the crust
[cf. Chun and Yoshii, 1977]. The crustal thickness and
uppermost mantle shear wave velocity combinations obtained
earlier are not very sensitive to the possible variations in
the crustal structure.
c) Synthesis of Rayleigh wave signals
The group and phase velocity dispersion curves contain
very little information about the amplitude of the surface
waves other than the fact that there must exist a substantial
amount of Fourier amplitude (spectral density) at a particular
frequency in order to obtain a reliable determination of the
group arrival time. As a further check on the velocity
structure, we have used the summation of normal modes to
generate synthetic seismograms of vertical components of
Rayleigh waves to investigate the possibility of detecting
structural differences from these synthetic seismograms.
This method was originally designed by Kanamori [1970] to
investigate the long-period source characteristics of
earthquakes at large distances.
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The generation of synthetic seismograms requires a
knowledge of the source depth, the fault plane solution,
the source time function, the seismic moment, and parameters
describing attenuation and a velocity structure. Usually,
one assumes a knowledge of several of the factors and tries
to deduce the others from the agreement of the synthetic
seismogram with the observed one. We summed fundamental
Rayleigh modes with periods between about 20 to 120s and
generated synthetic seismograms for I-NDI and II-SHL
observations (Fig. 1 and 2). Both the synthetic seismograms
and the observed seismograms (paths I-NDI and II-SHL, Fig. 2)
were low-pass filtered with a cut-off frequency at 0.04 Hz
(25 sec) to eliminate excess high frequency oscillations
that are superimposed on the long period signals of interest.
The finite filter length tends to introduce different effects
on the ends of the synthetic seismograms from those of the
observations and is a shortcoming for relatively short
distances as in our case. We probably do not know the input
parameters well enough to obtain a close match between the
observed and calculated seismograms. The following discussion
deals with simple experiments of the effects of the different
parameters on the time domain observations.
Fault plane solutions for both events are held fixed
and the uncertainties associated with them have small effect
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on the calculated wave form. A point source time history
is assumed to be a step for simplicity. The severe
attenuation proposed by Bird and Toks6z [1977] was applied
to generate the theoretical seismogram marked with 'low Q'
in Fig. 13a. The one marked 'normal Q' was generated with
the observed attenuation for Rayleigh waves in an average
earth structure [summarized in Kovach, 1978]. The observed
wave form of the II-SHL path is also shown in Fig. 13a.
Although the amplitude for the 'normal Q' synthetic seismogram
is 35% larger than that of the 'low Q' synthetic seismogram,
the wave forms are quite similar in the bandwidth of interest
here, 60 to 90 sec (Fig. 13a). For both synthetic seismograms
the same velocity model S7 (70 km thick crust, Rm = 4.7 km/s,
Fig. 6) and a source depth of 5 km were used. Part of the
mismatch between the synthetic and observed signals arises
from the end effects due to a finite filter length. The
coda of the S wave and the 20 sec period Rayleigh wave are
the most noticeable sources of noise (Fig. 2a). The calculated
Rayleigh waves are delayed in time with respect to the observed
one in Fig. 13a. The maximum mismatch in group arrival time
corresponds to 2.7% difference in group velocity, which agrees
with the dispersion curves in F41. 6 and is within the
observational errors.
Fig. 13b shows three synthetic seismograms, with their
peak-to-peak maximum amplitude normalized to a common size,
assuming model S7 with different source depths of 5, 10 and 30 km
53.
(the actual amplitude ratio is about 3:2:1 respectively).
The difference in wave forms for sources at 5 km and 10 km
is small. There is a slight difference in wave form for a
source at 30 km depth. This can be attributed to the
interference of the short period Rayleigh waves, which have
a phase shift of 7 with respect to the longer periods and
much weaker amplitudes than for a depth of 10 km [Tsai and
Aki, 1970].
Synthetic seismograms were generated for three different
velocity models:8m = 4.4 km/s and 4.7 km/s for a crustal
thickness of 70 km (S4 and S7) and am = 4.4 km/s for a crustal
thickness of 55 km (F4) (Fig. 13c). A 5 km source depth and
'average-earth' Q structure were used. With constant am (4.7 km/s)
models with 55 km and 70 km thick crusts (model F7 and S7) gave
quite different synthetic seismograms (Fig. 13c). We consider
Model F7 to be inadequate to explain the observation but that
Model S7 is satisfactory in matching the observed wave form of
the I-NDI path (Fig. 13c).
d) Summary of surface wave results
1. From group velocity dispersion curves in the period
range of 10 to 30 sec, the average crustal shear wave velocity
is lower than 3.5 km/s.
2. From observed and calculated Rayleigh wave group and
phase velocity dispersion curves and from synthesized
Rayleigh waves with periods between about 60 to 90 sec, the
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uppermost mantle shear velocity cannot be constrained well
even with an assumed crustal thickness. If we assume a m
of 4.4 km/s, the crustal thickness is probably no more than
55 km. If Bm is about 4.7 km/s, the crustal thickness is likely
to be greater than 65 km. A crustal thickness of 85 km is
not impossible if m = 4.8 km/s and would be required if m
were yet larger.
PL PHASE SYNTHESIS
We observed one very clear PL phase that crossed Tibet
(Fig. 2a). PL propagates as a leaky mode in the crust and
travels with velocity higher than the shear wave velocity of
the underlying mantle [Gilbert, 1964; Oliver and Major, 1961].
The PL wave train arrives between the P and S phases and is
normally dispersed. PL can be viewed as the result of multiple
reflected and refracted P and SV waves, each of which is, at
least once, an SV wave along the ray path [Helmberger, 1972].
Despite the energy leakage, the form of the PL wave train
can be used to infer the crustal structure. Both the phase
and group velocity dispersion curves are fairly steep and the
PL wave train is generally short. This makes accurate
measurements of dispersion difficult [e.g.,Poupinet, 1972].
Instead, we have synthesized seismograms of PL using different
velocity structures in order to constrain the structure.
Helmberger [1972] generated synthetic seismograms for PL at
distances between 40 to 130 from explosions using generalized
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ray theory, which employs a Cagniard-DeHoop algorithm, He
assumed a layer over half-space. We followed his approach
and used a double-couple earthquake source [Langston and
Helmberger, 1975].
We calculated synthetic seismograms by summing generalized
rays of up to suite order number 7 (7 segments in a ray)
with a double-couple source at 5 km depth. The fault plane
solution is the same as that used in the surface wave
calculations before. No attenuation operator is applied to
the synthetic seismograms. When we applied Futterman's [1962]
constant Q operator with t/Q A 1 (where t is the travel time)
the difference in the waveforms was barely discernible. (This
corresponds to an average Q u 300 for our case). The assumed
far-field source time history is given by exp[-t/10 (sec)]t,
which would correspond to a fault length of about 30 km in
Brune's [1970] formulation.
At first, synthetic seismograms were generated for
models with a layer over half-space, each of which represented
an average of the velocities in models obtained from surface
wave dispersion. Figures 14a and 14b show the synthetic
seismograms for two models with 70 km and 85 km thick crusts
respectively, together with the observed signal. The first
large peak in the synthetic seismograms results from S to P
and P to S reflections off the Moho. The large amplitudes at the
beginning of the observed seismogram are the direct, P, pP
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and sP, which penetrated into the upper mantle to 400-600 km
and were not synthetized here. Numrical experiments showed that
variations in the mantle velocities between 8.2 to 8.5 km/s
have a negligible effect on the large amplitude pulse in the
synthetic seismograms. Despite the poor fit between the
theoretical and observed seismograms (Fig. 14a), we notice
that two quite different models (with a difference of 15 km
in crustal thickness) gave similar wave forms in the synthetic
seismograms (Fig. 14b). The maximum difference in group
velocity between the two synthetic seismograms is only about
2%. This suggests poor resolution of velocity structures with
PL observations alone.
Next, we examined a series of multi-layered models similar
to those based on surface wave dispersion in the last section.
Helmberger [1972] concluded that for a layer over half-space,
the source depth is not crucial, as long as the source is in the
layer. A top low velocity layer has a small effect on the long
period character of the synthetic seismograms. From a series
of numerical experiments with model SE (Fig. 12b) we found that
the effect of source depth and that a low velocity layer are
insignificant as long as the source is in the layer next to
the low velocity surface layer. We tried several models based
on surface wave dispersion that included crustal reflectors.
Only rays reflected between the free surface and the interfaces
including and above the Moho were used. Fig. 14c shows one
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example of such a synthesis. This particular model SEMI has
the same shear wave velocity structure as model SE (Fig. 12b),
except the upper crustal layer has a P wave velocity 7% less
than that of model SE. The large Moho reflections seen in
Fig. 14b are suppressed. In addition, the late large arrivals,
which resulted from the mid-crustal reflector, have a significant
effect on the long-period wave form (compare Figs. 14c and 14b).
The synthetic seismogram from this three-layered crustal model
fits the long period characteristics of the PL observation much
better than the single layered crust cases. Other models were
tested and both velocities and layer thicknesses were modified
in a trial and error process. No significant improvement was
found with models of different crustal thicknesses and structures
from that of model SE, and with a modified model S7 with a linear
crustal-mantle transition. The model 'TP-2', with a low velocity
zone in the crust preferred by Chun and Yoshii [1977], does not
provide a better fit either, even after some variations in its
crustal and mantle structures. Presumably, with more layers
in the velocity models we might achieve a better match to the
observed PL signal. Yet considering the poor resolving power
of the structure, further trial seems fruitless. It is likely
that the gross form of PL can be matched with crustal thickness
of 55 to 85 km if there is a velocity gradient in the crust,
but that the observations do not constrain the structure very
much.
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REFRACTION PROFILES
It is well-known in classical seismology that the Pn
and Sn velocities can be estimated from the travel time vs.
distance plot using close earthquakes [e.g. Bullen, 1963,
p. 194]. This involves using many stations for each event.
Although, to our knowledge, Lhasa (LHA) has been the only
permanent seismograph station in Tibet, the usual method
can be applied using travel times from many close earthquakes
at a single station.
For refraction in a layered spherical earth model, the
travel time t can be expressed in the form
t = rpA/vp + Ap (1)
where rp is the radius of the earth to the given interface
(the Moho in our case), A is the epicentral distance in
radians, and Vp is the head wave velocity. The intercept
time, Ap, can be expressed by the integral:
Zp Z
p= 2  1/2 Zp 1/2
Ap [l/V 2_ (r/r)2/V p2i dZ + f [1/v 2 -(r p/r) 2 /V 2  dz (2)
o h
r, zp, h and v are the radius of the earth, the depth of the
deepest point on the ray, focal depth and velocity (as a
function of depth z) above the Moho, respectively [see e.g.,
Bullen, 1963, p. 194]. Note that Ap is not related to the
horizontal distance. From eq. (1) we have the following
expression for the ith event at the given station:
-1
t i - [(Api + T.) + r Ai p ] = (3)1 p ip3)
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where ti is the measured travel time, T. is the differencei 1
between the calculated and actual origin time, and s. is1
the travel time residual. The usual least square solution
can be applied to minimize E 2 and thus estimate V -1i 1 P
In practice, earthquakes are reported with different
focal depths. Moreover, the focal depths can easily be in
error causing a corresponding error in the origin time.
In either case, to use equation (3), it is necessary to
normalize the focal depth to a common depth in order to
avoid introducing artificially large residuals due to different
focal depths and therefore path lengths. This can be done by
adjusting the origin time with a depth correction calculated
from equation (2), assuming an approximate velocity structure.
The term Ti in eq. (3) is assumed to be absorbed by this depth
correction completely. Any incomplete trade-off between the
focal depth and the origin time, together with a small error
induced by the assumed velocity structure will cause a possible
systematic errorwhich is presumably independent of distance,
in the normalized travel times. We assume this only introduces
random errors so that only the variance associated with the
velocity determination is affected, not the estimate of the
velocity.
Pn and Sn arrival times were taken from the Lhasa
station reports available between 1960 and 1965 and again
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between 1971 and1973 [Institute of Geophysics, 1966, 1974].
We selected well-located events, for which more than 35
readings from teleseismic stations were used in the location.
We used the epicenters, origin times, and depths given in the
Bulletins of the International Seismological Summary (ISS)
and the International Seismological Center (ISC).
Pn across Tibet: All 61 Ph arrival times between 30 to 170
from Lhasa are plotted in Fig. 15. A model with a crustal
layer with P wave velocity (Vp) of 6.1 km/s over a half-space
with vp = 8.0 km/s was assumed to normalize the focal depth
to 33 km, which is near the mean reported depth. We took
rp in equation (2) to be 6306.2 km. For a Moho at 35 km depth,
instead of 70 km, the estimated velocity should be increased
by 0.5%. The Pn velocity is determined to be 8.15 + 0.04 km/s,
compared with 8.27 + 0.07 km/s if no depth correction is
applied (Table II). If the apparent velocity were in fact
7.9 km/sec, then the data should be more nearly parallel to
the dashed line in Fig. 15. A low Pn velocity will not fit
the data well unless there is some special distance dependent
systematic error in locations, depths or origin times. If we
limit ourselves to sharp Pn arrivals (excluding those reported
as eP or ePn in the station reports), we obtain a Pn velocity
of 8.20 + 0.04 km/s from 42 arrivals. Without the depth
correction, we obtain 8.24 + 0.09 km/s (Table II).
If we consider only the 39 sharp arrivals between 3* to
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100 (Fig. 16), the Pn velocity is estimated to be 8.12 + 0.06
km/s for the depth corrected case (Fig. 16b). This is the
only case in all the profiles discussed in this section for
which the Pn velocity determined without a depth correction,
8.0 + 0.1 km/s (Fig. 16a) is the smaller. A total of 19
emergent arrivals between 30 to 170 gave an estimate of the
velocity of 8.18 + 0.13 km/s. Thus the entire data set is
very consistent (Table II).
Pn across the Himalaya: The data discussed above includes
only events north of the Indus Tsang-Po suture because of the
possibility of a different structure beneath the Himalaya.
However, recordings at Lhasa for 24 events, south of the suture,
for nearly all of which sharp readings were reported yields a
Pn velocity of 8.11 + 0.07 km/s. The epicentral distances
range from 30 to 170. Among these, 21 events occurred within
100 of Lhasa (Fig. 17). Despite the scatter, the same estimate
for Pn velocity is obtained. Thus no significant difference in
the Pn velocity is observed for regions north and south of the
suture zones.
Sn across the Tibet and the Himalaya: There are also 23 sharp
Sn arrivals reported at Lhasa from events north of the suture
in the distance range 30 to 100. (Only three such arrivals
were reported for distances greater than 100) After the depth
normalization, the Sn velocity is estimated to be 4.8 + 0.1 km/s
(Fig. 18). There is a much larger scatter in the Sn residuals
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than the Pn residuals probably because of the slower S
velocity and because of difficulties in identifying the arrival
on the seismograms. A low Sn velocity of 4.5 km/s does not
fit the data well (Fig. 18). The 11 sharp arrivals for events
south of the suture, reported at Lhasa within 30 to 100 gave
the same Sn velocity (Table II).
Intercept times and crustal thicknesses: Despite the large
uncertainties, the intercept times for Pn all suggest the
depth of the interface (the Moho) to be 65 + 30 km. S n
intercept times have even larger uncertainties, but the depth
of the interface calculated from them fall within the range
(Table II) of 80 + 50 km. The epicenters of all the events used
in this refraction study show a broad azimuthal coverage and
distribution of epicentral distances with respect to Lhasa
(Fig. 19). Nevertheless, because as purely reversed profile
cannot be made, it is remotely conceivable that a dipping Moho
might render the real mantle velocities different from the
measured apparent velocity. For models with a crustal layer
with vp ranging from 5.9 to 6.5 km/s overlying a mantle half-
space with vp ranging from 7.9 to 8.4 km/s, a uniform dip of
about 0.8* of the Moho could add an uncertainty of +0.1 km/s
to estimated Pn velocity, depending on the direction of the dip.
Such a dip would correspond to a difference in crustal thicknesses
of 15 km over 100 distance. Therefore, if Lhasa were to overlie
a maximum depth to the Moho beneath Tibet, such that the
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crustal thickness decreased by 15 km,100 to both the north
and west, then the Pn velocity could be overestimated by
0.1 km/s. We think that because the average elevation of
Tibet is so uniform, a drastic variation in crustal thickness
is unlikely, and it would be fortuitous if Lhasa were to
overlie the deepest crust. Notice that here Lhasa is the
'shot point' for the refraction.profiles.
Summary of refraction results: High values of the Pn and Sn
velocity beneath Tibet are obtained from refraction profiles
using earthquakes in Tibet and arrival times at Lhasa. Assuming
a Moho at 70 km depth, the Pn velocity is estimated to be
8.12 km/s with a minimum formal standard deviation of 0.06 km/s
covering the region north of the suture from 30 to 100 from
Lhasa. No significant difference in Pn velocity was found for
the regions north and south of the suture. With a somewhat
larger uncertainty, the velocity of Sn is similarly determined
to be 4.8 + 0.1 km/s. Both Pn and Sh velocities are about the
same as those of the shields and stable platforms. All the
intercept times have large uncertainties and they indicate a
depth of the Moho of 65 + 30 km.
TELESEISMIC S-P TRAVEL TIME RESIDUALS
To our knowledge, the high velocities for the uppermost
mantle under Tibet discussed in the last section have not
been proposed before. The vertical extent of the high
velocity zone is of great importance in the interpretation
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of the tectonics. The refraction profiles require a layer
beneath the Moho with a thickness of only about 10 km.
PL is relatively insensitive to mantle properties [Poupinet,
1972] and the surface wave dispersion curves are not very
sensitive to the velocity structure below about 100 km.
The teleseismic travel time measurements discussed in this
section are intended to serve as a crude estimate of the
vertically averaged velocity structure to a greater depth
(-300 km).
Teleseismic P and S wave arrival times were measured from
the records of the WWSSN stations for 9 earthquakes in Tibet
and 8 earthquakes in the Himalaya (Fig. 20, Table III). Arrival
times were measured only for S wave signals that are clear
on the long-period records (Fig. 21). Uncertainties are
about one second. To avoid inclusion of converted phases
(e.g.,Sp), we tried to measure only the transverse components
of the S waves. S-wave polarization angles were checked with
known P wave fault plane solutions [Molnar and Tapponnier,
1978; Molnar et al., 1973, 1977; Ni and York, 1978]. We
considered only the distances range between 30* and 800 to
avoid triplication in the S wave travel time curve, and
possible misidentification of SKS for S.
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Both P and S wave travel time residuals, with respect
to the Jeffreys-Bullen [1940] (J-B) travel time tables, were
plotted as a function of epicentral distance using locations
and origin times given by the ISC. Since the hypocenters
and origin times reported by ISC were calculated primarily
using the J-B P wave travel times, the P wave residuals
were automatically minimized. Therefore the S-P travel time
residuals are an approximation to the S wave travel time
residuals. Because late (or early) S waves are likely to
be associated with late (or early) P waves, the S-P residuals
measured here probably give lower bounds to the S wave
residuals.
For 9 earthquakes in Tibet, P wave residuals scatter
around the mean as expected from the hypocenter location
procedure, whereas S waves travel times show large delays
(Fig. 22). The S-P travel time residuals have correspondingly
large delays (Table III, Figs. 22 and 24). Applying station
corrections [Sengupta, 1975; Sengupta and Julian, 1976] to
these data does not significantly reduce the scatter, but
increases the S-P travel time residuals by about 1 sec
(Table III, Figs. 22 and 24).
With the same procedure, we studied 8 earthquakes in
the Himalaya (Fig. 23) and observed smaller S-P travel time
residuals than for earthquakes in Tibet (Table III, Figs.
23 and 24). The rays from earthquakes in Tibet and the
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Himalaya to a given station more than 30* from the epicenters
will have nearly identical paths except near the source region.
Thus we infer that the large S-P travel time delays for
earthquakes in Tibet are due to the medium properties of
the region beneath Tibet and not to systematic errors in the
travel time tables or to the medium along the rest of the
ray paths.
In general, there is a strong trade-off between the
focal depth and the origin time for events located teleseismically.
Erroneous depths could also, at least partially, be responsible
for the large S-P travel time delays for earthquakes in Tibet,
if these earthquakes actually occurred at a shallower depth
than was obtained in the location procedure. The S-P travel
time residuals were calculated for each event assuming three
possible depths: their depths given by the ISC, 5 km, and 33 km
(Fig. 24). To make an extreme comparison, assume all
earthquakes in Tibet occurred at 5 km depth, but all earthquakes
in the Himalaya occurred at 33 km depth. On the average, there
is still a difference of approximately 2 sec between the S-P
residuals from earthquakes in these two regions (Fig. 24, Table
III).
Thus the average S-P travel times are late for events
in Tibet not only with respect to the J-B tables which
represent an averaged earth model but also with respect to
those for events in the Himalaya. Because low P wave
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velocities probably cannot be detected through routine location
procedures using the P wave arrival times alone, a delay of
ls in P wave travel times from the average earth could easily
exist. This would lead to another second in delay in the
S wave travel time. These lower bounds on the S-P travel time
residuals are given in 1 sec intervals in Figure 20 together
with the location of the 17 earthquakes. For this figure, the
focal depths for Tibetan events are normalized to 5 km and for
Himalayan events, at 33 km. Although our data points certainly
do not allow a meaningful contouring of these residuals in
Tibet, the two earthquakes in the center of Tibet have
especially large S-P travel time residuals (>5 sec). Moreover,
the distribution of S-P travel time residuals in the Himalaya
is uniform. The immediate inference from the late S-P travel
times in Tibet is that the relatively high Pn and Sn
velocities obtained from the refraction profiles discussed
in the last section are not likely to extend to a great depth
beneath Tibet.
SEISMIC WAVE VELOCITY STRUCTURE
Observed group and phase velocity dispersion curves
of Rayleigh waves provide constraints on crustal thickness
and the uppermost mantle shear wave velocity. For possible
thicknesses of 55 km to 70 km, or even 85 km, the corresponding
uppermost mantle shear wave velocities of 4.4 km/s or less
to 4.7 , 4.8 km/s, or even as large as 4.9 km/s, are required
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respectively. We consider an Sn velocity of 4.9 km/sec to be
unlikely and therefore conclude that the crust probably is
not as thick as 85 km.
The paths for the observations of surface waves and PL
phase all cross the Himalaya. This apparent lateral inhomogeneity
introduces an additional uncertainty that is difficult to
quantify. The two clear long-period Rayleigh wave signals
studied here cross the Himalaya at very different angles
(Fig. 1). The 3% difference in the group velocities could be
a consequence of lateral heterogeneity. We cannot confidently
attribute this difference solely to real structural differences
because of the uncertainties in the group velocity determinations.
Since both the Pn and Sn velocities were estimated to be
high from the refraction profiles, Pn velocity 8.12 + 0.06 km/s,
Sn velocity 4.8 + 0.1 km/s, the crustal thickness is apparently
about 70 km. It is difficult to attach a formal uncertainty
to this thickness, but from the comparison between the observed
and theoretical dispersion curves, we estimate that the
crustal thickness is between 65 km and 80 km (Figs. 9 and 10).
These models seem to be compatible with the PL wave form,
but it does not provide a strong constraint on the velocity
structures by itself.
Travel time measurements for earthquakes in Tibet to
stations at distances of 30* to 800 indicate late S waves
and long delays between P and S. Since the Tibetan earthquakes
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have late S-P travel times compared with earthquakes in the
Himalaya, the average velocity beneath Tibet must be lower
than that of the Himalaya. The relatively high velocity zone
beneath the Moho of Tibet, estimated from the refraction
profiles therefore probably is not thick.
With some additional assumptions, the data can be
used to estimate differences in average upper mantle
velocities beneath Tibet and stable platforms or shields.
Suppose all such differences were confined to the upper
240 km as inferred for shields and ocean basins [Dziewonski,
1971; Okal, 1977]. Also assume that the measured S-P
travel time residuals are estimates of S wave travel time
residuals. Let us compare the Tibetan models with model S2
of Dziewonski [1971] for the shield regions, but with a 70 km
thick crust. The additional 35 km of crust beneath Tibet or
the Himalaya, replacing the uppermost mantle in model S2,
corresponds to about 2 sec in S wave travel time delay. This
effect could explain the average delay of about 2 sec (with
respect to the J-B tables) for the Himalayan events, but it
cannot account for the difference between the data from Tibet
and the Himalaya. As an extreme let us assume that the
earthquakes in Tibet occurred at a depth of only 5 km. If
one increases the velocities of model S2 by about 1% to
correct for the effect of velocity dispersion due to
attenuation [Hart et al., 1977], then the vertical one
way S wave travel time between the depths of 0 and 240 km
for model S2 is 53.8 sec. This is about 1.1 sec faster
than that for the Jeffreys-Bullen model. Therefore the
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observed average S-P travel time delay of 3.6 sec with respect
to the J-B tables for earthquakes in Tibet corresponds to an
average difference of 4.7 sec in S wave travel time of which 2
sec can be attributed to the effect of a thick crust. The
resulted S wave travel time difference of 2.7 sec corresponds
to a reduction of the shear wave velocity of 6% between 70
to 240 km compared with model S2. If we assume that models
S7, SE (70 km thick crust, im = 4.7-4.8 km/s, Figs. 6 and 12)
and F4 (55 km thick crust, m = 4.4 km/s, Fig. 5) could be
appropriate for Tibet in the depth range from 0 to 100 km,
then the average shear wave velocity beneath Tibet must still
be about 4 to 5% lower than that of model S2 for shields between
the depths of 100 km and 240 km. Insofar as Dziewonski's [1971]
model S2 is appropriate for the shields, this corresponds to
the average shear wave velocity of about 4.3 km/s between 100
and 240 km depth beneath Tibet. Because of S-P residuals are
lower bounds to the S wave delays and because we assumed
extreme for the depths of the events in Tibet, the average
shear wave velocity beneath Tibet could be lower.
The effect of velocity dispersion due to attenuation
has been neglected in the above discussions of crustal
thickness. It is difficult to estimate the contribution from
such velocity dispersion without sufficient data on both
attenuation and phase velocity [e.g., Lee and Solomon, 1978].
Qualitatively, if strong attenuation exists, the estimate
of shear wave velocities from surface waves should
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be increased by a small amount (01%) above those considered
here before comparing them with body wave observations
[Hart et al., 1977]. Thus there might be a small systematic
overestimate of a few km of the crustal thickness, but this
overestimate is probably much less than the uncertainty
quoted above.
TECTONIC IMPLICATIONS
A. The Thick Crust
The apparently very thick crust (\70 km) beneath Tibet
implies that the crust has been thickened approximately by
a factor of 2 since the collision between India and Eurasia.
This is consistent with the idea of horizontal compression
and shortening [Dewey and Burke, 1973]. The hypothesis of
underthrusting the Indian plate beneath the Eurasian plate
can be argued as still possible if somehow either the crust
of Tibet were detached from its underlying mantle while the
Indian plate was subducted along the base of the crust or if
the Indian crust plunged into the mantle and then migrated,
probably as a melt, up to the base of Tibet's crust. In
other words, continental crust of 1000 km length would have
been consumed and recycled back near the surface in a time
span of about 40 m.y.
B. Uppermost Mantle Seismic Velocities
Both Pn and Sn velocities indicate a high velocity
uppermost mantle under Tibet. The late S-P travel time
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residuals for earthquakes in Tibet indicate that these high
velocities do not reflect the properties of the deeper part
of the upper mantle. Although the interpretation of the
travel time residuals are highly non-unique; a lithosphere,
defined by seismic velocities, of about 100 km thickness
under Tibet is consistent with the observations.
Implications for the temperature in the mantle: The
apparently high uppermost mantle velocities under Tibet are
not directly comparable to those under the stable platforms
and shields because the extremely thick crust in Tibet will
create about 10 to 12 kb additional lithostatic pressure at
the base of the thickened Tibetan crust. Assuming that the
pressure and temperature dependence of seismic wave velocities
for olivine are representative of the mantle [e.g., Anderson
et al., 1968; Birch, 1969], 10 kb of pressure causes an
increase in Vp of about 0.1 km/s and a temperature increase
of about 250 0 C causes a similar decrease. Vs has very
similar pressure-temperature dependence to that of the Vp
for most olivine group minerals, but with the exception of
forsterite samplesmeasured by Anderson et al. [1968], which
have been questioned by Birch [1969]. Thus, if the Pn and Sn
velocities were the same beneath stable platforms and Tibet
and if the temperature and pressure dependencies of the seismic
velocities were those appropriate for olivine, then the
temperature of the Moho beneath Tibet would be about 2500C
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hotter than that of the platform. This estimate of relative
temperature would have an uncertainty as large as 120 0 C,
even if the resolution of the difference in Pn velocity for
Tibet and shields were only +0.05 km/sec. Thus this suggested
difference in temperature is only a crude estimate, not a
precise measurement.
The temperature under platforms and shields are difficult
to estimate. From heat flow measurements, Sclater et al. [1979]
estimated a lower bound on the temperature for the Canadian
shield to be less than 400 0 C at the base of the crust. On the
other hand, if we take the measured reduced heat flow as an
upper bound of the mantle heat flow for Eastern U.S.
(0.80 + 0.05 HFU, [Lachenbruch and Sass, 1976]) and the Indian
shield (0.93 HFU, [Rao et al., 1976]), the mantle heat flow
alone gives 470 0C and 540 0 C at the base of the crust,
respectively, assuming a crustal thickness of 35 km and
thermal conductivity of 6 x 10- 3 cal/cmoC-sec. Uncertainties
in conductivity and heat flow measurements alone will probably
add 20% uncertainties to those estimates. In any case, if the
temperature at the base of the crust beneath platforms and
shields were about 500 0C, then at the Moho beneath Tibet it
could be about 750 0 C. Although the uncertainty in this
number is very large, our point is that the high Pn and Sn.
velocities do not require an unusually cold upper mantle.
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Implications for the strength of the mantle: The temperature
at the Moho strongly affects on the mechanical behavior of
the lower crust and upper mantle. One can estimate the
mechanical strength of the uppermost mantle beneath Tibet
assuming that the flow laws for steady state creep of olivine
are representative of the uppermost mantle rheology [Goetze
and Evans, 1979; Kirby, 1977; Tapponnier and Francheteau, 1978].
For differential stress (c1-c 3 ) less than 2 kb, the flow law
can be written in the form:
S= A(i-o Y3 )nexp(-Q/RT) (4)
where E is the strain rate, A and n are constants, Q is the
activation energy, R is the gas constant and T is the absolute
temperature. For dislocation creep of olivine, Goetze [1978]
reported n = 3, A = 70 (bar- 3 sec- 1), and Q = 122 (kcal/mole).
Note that the uncertainties in the estimate of activation energy
and temperature will dominate the uncertainty of the estimate
of the differential stress or strain rate. Assuming a strain
rate corresponding to 100% strain for the past 40 m.y., since
the collision, the calculated differential stress is 1.1 kb at
750 0C or 430 bars at 800 0C. If the temperature were as low
as 700 0C, the calculated differential stress would be larger
than 2 kb. Post [1977] obtained a quite different olivine
flow laws for Mt. Burnet dunite. Using his 'dry' flow low
under the same assumptions, differential stress is estimated
to be 3.7 kbars at 800 0C while the 'wet' flow law requires
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only 30 bars of differential stress under these conditions.
If Coble creep (syntectonic recrystalization),'instead of
dislocation creep, however, is the predominant deformation
mechanism, the calculated differential stress is only 210 bars
at 800 0C and 430 bars at 700 0 C at the given strain rate
[Goetze, 1978]. Thus the lower bound of the differential
stress required to deform the uppermost mantle under Tibet
at the given strain rate through steady state ductile flow
of olivine is only about 0.4 kb. Although the extimate of
temperature beneath Tibet is too uncertain to prove that the
uppermost mantle is not strong, the apparently high Pn and Sn
velocities beneath Tibet do not require high mechanical
strength for the uppermost mantle.
Implications on volcanism in Tibet: It is interesting to
note that at temperatures of about 800 0 C and 20 kb pressure,
incipient melting of crustal material (but not the uppermost
mantle) is possible in the presence of a small amount of water.
Fig. 25 shows solidi for some likely crustal and upper mantle
materials based on data from experimental petrology [Lambert
and Wyllie, 1970; Merrill et al., 1970; Merrill and Wyllie,
1975]. None of the data have error bars and therefore can
only be used qualitatively. Nevertheless, the solidus for
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water saturated peridotite is over 1000 0 C despite the pressure
[Merrill et al., 1970]. With only 0.1 weight% of water,
partial melting of gabbroic material is possible at 20-25 kb
pressure and between 700 to 800 0C [Lambert and Wyllie, 1970].
The solidus for peridotite with 0.1 weight% water at this
pressure range is over 1250 0C. Thus for Tibet, there could
be enough heat conducted from the mantle to support a partially
molten crust on a subsolidus uppermost mantle. The inference
of a high velocity mantle lid on the low velocity zone, then,
is not incompatible with the widespread volcanism over Tibet
unless the volcanic activity is predominantly of mantle origin
or unless the lower crust of Tibet consists of only anhydrous
minerals. The geochemical evidence gathered so far is not
sufficient to reach any conclusion on whether the lower crust
of Tibet is hydrous or not. Simply based on the fact that no
basalt was found [Hennig, 1915, Deng, 1978], it is believed
that the volcanic activity involved melting of crustal materials
only. The unusually low average crustal velocity for Tibet
is also consistent with high temperatures and melting.
C. A Discussion of the Thermal Evolution of the Plateau
The presence of widespread volcanic activity and diffuse
seismicity with prominent normal faulting in Tibet (Molnar
and Tapponnier, 1978) all indicate that Tibet is tectonically
active at present. Yet the geothermal gradient in the crust
should have been decreased by crustal thickening. Thus the
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source of heat deserves some consideration. There are three
apparent heat sources that contribute to Tibet's crustal
geotherm: strain heating from the thickening of the crust,
radioactive heat production in the crust and the mantle heat
flux from below the crust.
Since the crust of Tibet seems to be twice as thick as
normal continental crust, the average strain rate in the crust
is likely to be of the order of 1/40 m.y. Assuming an averaged
stress of 1 kb throughout Tibet, the stress heating rate per
unit volume (stress x strain rate) is only about 8 x 10- 7
erg/cm3-sec or 0.2 x 10-1 3 cal/cm3-sec (0.2 HGU). This is
considerably smaller than the presumed radioactive heat
production rate of lower crustal materials [e.g., Tilling et
al., 1970] and can be neglected.
We investigate the effects of the mantle heat flux and
radioactive heating in the crust by considering the simple
one-dimensional heat conduction problem with the following
assumptions:
1. A constant mantle heat flux (Qh) is held at the base
of the crust.
2. The thickening of the crust is instantaneous and
the original geotherm is stretched accordingly. This serves
as the initial condition.
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3. Tibet defines a heat flow province such that the
the empirical relationship Qs = Q + D Ao, (5) between surface
heat flow (Qs) and surface heat production rate (Ao ) is valid.
4. There has been no erosion. This assumption is
justified by the facts that the Cretaceous limestone is still
widespread [Hennig, 1915, Norin, 1946], and that the present-
day drainage system in Tibet is internal [Molnar and Tapponnier,
1978].
We separate the temperature T in the crust into the
contributions from the mantle heat flux Tm and from radioactive
heat production TR. Three possible distributions of radioactive
heat producing elements in the crust are considered separately:
(a) a uniform distribution with depth, (b) an exponentially
decaying distribution as a function of depth with the surface
heat production rate unchanged by crustal thickening, i.e.,
with no migration of heat producing elements after crustal
thickening, and (c) an exponentially decaying distribution with
depth but with the thickness of the layer of the variable heat
producing elements unchanged by crustal thickening (i.e., the
migration of radioactive heat producing elements is much
faster than heat conduction). The detailed derivations are
given in Appendix A. Throughout this discussion, the crustal
thickness is taken to be thickened by a factor of two to a
value of 70 km. We also assumed that the thermal conductivity
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(k) = 6 x 10- 3 cal/cm-*C-sec and the thermal diffusivity
(K) = 0.01 cm2/sec. Note that Tm can be scaled to any desired
crustal thickness rather easily (Fig. Al). We shall
concentrate our discussions only on the temperature at the
base of the crust where it will be highest in the crust.
First, consider only T with two starting temperaturesm
(Tm0 ) 500 0 C and 600 0 C, corresponding to mantle heat flow (Qh)
of 0.86 pcal/cm2-sec (HFU) and 1.03 HFU respectively in a
steady state. Tm will reach 800 0 C in about 45 and 14 m.y.
(Fig. Al(a)) respectively. If thickening were not instantaneous
but took place in four steps 10 m.y. apart, by using Fig. Al(a)
we find that Tm = 800 0 C after 42 m.y. if Tm0 = 500 0C or after
22 m.y. if Tm0 = 600 0C. The reason for the increase in time
to reach 800 0C for the 600 0C starting temperature compared with
instantaneous thickening is due to a subtle trade-off between
the scaling of time and the ratio of Tm to its asymptotic value
Tm' by the crustal thickness (Fig. Al(a)).
The contribution from radioactive heat production strongly
depends on the distribution of those elements, parameterized
by the constant D, in equation (5). The steady state temperature
due to radioactive heat production (TR) is approximately
proportional to D2 . For an exponential distribution of
radioactivity, D must be much smaller than the crustal thickness
to satisfy equation (5) [Lachenbruch, 1970]. If the
differentiation of the radioactive heat producing e -nents
85.
is much faster than heat conduction so that D does not change
during crustal thickening, then TR contributes little to the
crustal geotherm. In this case, where TR° is the contribution to
the initial geotherm due to radioactivity, TR m 2TR* (case c)
not 4TRo as is the case when doubling of the crust also doubles
D (cases a and b). Moreover, the rate of change of TR is
relatively slow (Fig. A2). This occurs because in most models,
and probably in the earth also, the source of heat is far from
the base of the crust.
For cases (a) and (b), TR  4T and after 40 m.y.,R TR0 adatr4my.
TR 2TR . For instance, at 70 km depth, for case a, with
Qh 0.75 HFU, D = 25 km and A(z) = Ao = 1 HGU (i.e., TO =
438 + 52 = 490 0C), in 40 m.y. T = 687 + 114 = 801 0C (Appendix
A, Fig. A2). If we assume for case (b) that D = 7.5 km and
A(z) = 10 exp(-z/D) HGU, (i.e., To = 438 + 89 = 527C)
T = 654 + 162 = 816 0C in 30 m.y. (Appendix A, Fig. A2).
The steady state final heat flow at the surface would be only
1.25 HFU for the former case and 2.25 HFU for the latter.
Since heat flow measurements are not available for Tibet,
these hypothetical values are only meaningful as plausibility
arguments and they should not be taken as fact. Nonetheless,
the.above calculations suggest that it is possible that the
lower crust of Tibet could reach 700-800 0C in 40 m.y., simply
from the recovery of the geotherm provided that the heat flux
from the mantle is greater than about 0.9 HFU without any
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heat production in the crust. The starting temperature at
the base of the crust is crucial in determining whether
the temperature in the lower crust reaches 700 to 800 0C
in 40 m.y. A reasonably warm starting temperature of 490 0 C
at the Moho can be maintained by a mantle heat flux of only
0.75 HFU, if there is sufficient radiogenic heat production
in the crust (to produce 0.5 HFU) after the crustal thickening.
Then the calculated temperature at the Moho would reach 8011C
after 40 m.y., as in the example given for case (a) before.
Thus radioactive heat production could be important for the
recovery of crustal geotherm in 40 m.y., if radioactive
heating also makes a significant contribution to the original
goetherm [Bird et al., 1975].
Crustal shortening beneath Tibet by horizontal shortening
[Dewey and Burke, 1973] seems to be compatible with both
the seismic observations and these thermal calculations. Yet
the behavior of the lithosphere as a whole during the
continental collision is not clear. In fact, the assumptions
in these calculations are directly related to this question.
If we assume that at 70 km depth the mantle heat flux is
about 0.9 HFU and the temperature is about 800 0 C, for a
coefficient of thermal conductivity (k) of 7.5 x 10- 3 cal,
cm/sec°C the 1300 0 C isotherm will be reached at about 112 km.
If indeed the lithosphere were maintained at an approximately
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constant thickness by a heat flux of about 0.9 HFU at the
base of the non-convective layer, then the estimated temperature
at the base of the Tibetan crust could be explained simply
in terms of the recovery of the geotherm with little
contribution by radioactivity. The volcanic activity
would be the result of the depression of the lower crust to
depths where the temperature is high enough for it to melt.
No anomalous heat flow from the asthenosphere would be required.
Presumably small scale convection maintains an essentially
constant heat flux at the base of the plate. Parsons and
McKenzie [1978] describe this in terms of the stability of a
thermal boundary layer above the viscous asthenosphere and with
a thickness 6 between two isotherms. If a critical Rayleigh
number Rac gaAT63 is exceeded, the boundary layer becomes
unstable so that small scale convection occurs and provides
convective heat transport. In Rac, g is the gravitational
acceleration, a the coefficient of volumetric thermal expansion
and V is the kinematic viscosity. If the whole lithosphere
with the thermal boundary layer were thickened by horizontal
shortening, 6 would increase and Rac would increase as 63
This instability would be a very effective way of enhancing
the instability of the boundary layer and causing small scale
convection. Effectively there would be a detachment of the
bottom of the thickening lithosphere that might tend to keep
the lithosphere from continuing to thicken as the crust does.
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CONCLUSIONS
1. The crust beneath Tibet is about 65 to 80 km thick
with an averaged shear wave velocity of less than 3.5 km/s
from surface wave dispersion, refraction profiles and PL-phase
synthesis.
2. Pn and Sn velocities were estimated to be 8.12+0.06
km/sec and 4.8+0.1 km/sec respectively.
3. The averaged vertical shear wave velocity between
70 to 240 km depth is about 6% lower than that of the shield
model S2 [Dziewonski, 1970] and this average velocity beneath
Tibet is also lower than that below the Himalaya.
4. From the Pn and Sn velocities and the pressure-
temperature dependence of the seismic velocities for olivine,
the temperatures at the base of the Tibetan crust could be
about 250 0 C hotter than that beneath shields or stable
platforms. Since the temperature at the Moho beneath platforms
is about 500 0C, the base of the crust beneath Tibet could be
near 750 0-8000C.
5. At this temperature, and depending on deformation
mechanism, the uppermost mantle is likely to have a maximum
mechanical strength of less than about 1 kb. This value
decreases rapidly with depth in the uppermost mantle.
6. Partial melting of the lower crustal materials but
not upper mantle is likely with these estimated temperatures.
The low crustal velocities are consistent with a hot or
molten lower crust.
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7. Simple one-dimensional heat conduction calculations
suggest that no anomalous mantle heat source is needed to
explain the volcanic and tectonic activity provided that a
heat flux of about 0.75 to 0.9 HFU (depending on the amount
and distribution of crustal heat production) is available
from the asthenosphere and that the thickness of the lithosphere
does not increase drastically throughout the collision.
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Table I
Earthquakes used for surface wave dispersions and PL phase observation
Number Epicenter Location
Lat. (°N) Longt. (E)
19, '63
Oct. 16, '63
Mar. 16, '64
Oct. 14, '66
Aug. 30, '67
Mar. 24, '71
Aug. 30, '72
35.7
II 38.6
III
IV
36.95
36.45
96.9
73.4
95.50
87.43
31.57 100.31
VI 35.46
VII
Aug. 30, '72 VIII
Feb. 7, '73 IX
Hypocenters and origin
36.65
36.56
98.04
96.35
96.35
31.50 100.33
times as reported by
Origin Time
07:35:22.7
15:43:00.8
01:05:19.8
01:04:42.9
11:08:50.0
13:54:21.0
15:14:07.5
18:47:40.3
16:06:25. 8
ISC after 1964,
Stations
NDI
SHL
NDI
NDI
LAH
LAH
NDI
NDL
NIL
NDI
NIL
NDI
by the
Seismic phases
LR, PL
LR
LR, LG
LR,
LG
LG
LR
LR,
LG
LR,
LG
LG
LG
LG
LG
Coastal
and Geodetic Survey before 1964.
Date
Apr.
Table II
Pn and Sn velocity estimates for Tibet (north of the suture) and regions south of the suture
Epicentral Distance
(deg.) Range
No. of
Arrivals Observations
Travel time (sec) =
Distance (km)/velocity (km/s)
+ Intercept time (sec)
Tibet, north
of the suture
all Pn
sharp Pn
emergent Pn
Regions south
of the suture
sharp Pn
sharp Sn
all Pn
(mostly
sharp)
all Pn
(mostly
sharp)
sharp Sn
61
42
21
11
x/(8.27+0.07)
x/(8.15+0.04)
x/(8.24+0.09)
x/(8.20+0.04)
x/(8.38+0.21)
x/(8.18+0.13)
x/( 7 .97+0.12)
x/(8.12+0.06)
x/(4.77+0.09)
x/(4.77+0.08)
x/(8.20+0.11)
x/(8.11+0.07)
x/(8.29+0.15)
x/(8.13+0.10)
x/(4.94+0.11)
x/(4.7 5 +0. 0)
(12.4+7.0)
(10.3+4.1)
(12.0+5.4)
(10.6 +2.6)
(14.5+15.0)
(11.2+9.8)
(9.7+6.9)
(10.0+3.6)
(25.4+11.4)
(23.5+9.5)
(10.4+5.2)
(9.1+3.6)
(11.0+5.8)
(9.3+4.0)
(28.3+8.8)
(23.2+8.6)
Results after the depth correction are given on the second
All velocities are calculated for a Moho at 70 km depth.
3 u 17
3 % 10
3 " 17
3 " 10
line.
Table III
S-P travel time residuals with respect to
in Tibet (T) and
the Jeffreys-Bullen Table for earthquakes
the Himalaya (H)
Date
Mar. 6,
Location
Lat. (N)
'66 31.49
Oct. 14, '66 36.45
Jul. 22, '72 31.38
Jul. 14, '73 35.16
Jul. 19, '75 32.39
Apr. 28, '75 35.80
May 5, 175 33.09
May 19, '75 35.16
Jun. 4, '75 35.87
Long. (°E)
80.50 (T)
87.43(T)
91.41(T)
86.40 (T)
78.50 (T)
79.86(T)
92.92 (T)
80.80 (T)
79.85 (T)
Depth
Reported
by ISC(km)
No. of
Observations
19
14
17
22
33
33
26
33
.6Ts-p (sec)
ISC depth 33km
Normalized
11.4+2.4
12.1+3.3
6.6+2.2
7.9+1.5
4.4+2.9
5.3+3.7
7.3+2.7
7.8+3. 2
1.4+2.4
2.9+1.5
3.7+2.
4.1+2.
5.8+2.
6.7T2.
4.4+2.
5.3+1.
4.7+2.
5.6T1.
15
12
10.0
10.7
8.5
9.8
6.0
6.9
8.4
8.9
4.6
6.1
3.7
4.1
5.8
6.7
5.1
6.0
4.7
5.6
Ave. 3.6
4.5
5km
Depth
7.1
7.8
5.7
7.0
3.2
4.1
5.6
6.1
1.8
3.3
0.9
1.3
2.9
3.8
3.3
4.2
1.9
2.8
Table III (cont'd)
Sep. 26, '64 29.96
Oct. 21, '64 28.04
Jun. 27, '66 29.62
Dec. 16,
Mar. 14,
'66 29.62
'67 28.41
Feb. 19, '70 27.40
Sep. 3,
Mar. 24,
'72 35.94
'74 27.66
80.46 (H)
93.75(H)
80.83(H)
80.79(H)
94.29 (H)
93.96 (H)
73.33 (H)
86.00 (H)
50
37
15
12
19
17
45
20
2.7+1.7
3.5+2.2
2.5+1.8
2.9+2.4
3.1+1.9
2.9+2.8
2.0+2.7
1.8+4.0
1.2+2.2
2.4+1.8
-0.5+3.2
1.2+3.1
1.7+1.7
2.3+2.0
1.3+2.1
1.6+2.6
26
21
Results after applying the station corrections
on the second line for each event.
are given
1.3
2.1
2.2
2.6
3.1
2.9
2.3
2.1
2.3
3.5
1.6
3.3
0.7
1.3
2.4
2.7
Ave.
-1.6
-0.8
-0.8
-0.4
0.2
0.0
0.6
0.4
-0.1
1.1
-1.2
0.5
-2.2
-1.6
0.0
0.3
2.0
2.6
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Figure Captions
Fig. 1. Map of Tibet showing earthquake (dots) - station
(triangles) combinations used for surface wave dispersions
and the PL phase observation. EventsI and II generated
large long-period Rayleigh waves. Note the difference
in the paths to stations from these two events. Event I
was used for the PL phase observation also. Major
strike-slip and thrust faults (see legend) were also
plotted following Molnar and Tapponnier [1975].
Fig. 2. (a) Seismograms of clear long period Rayleigh waves
and PL-phase. These are the only Rayleigh wave observations
found with alarge signal to noise ratio at low frequencies.
(b) Representative seismograms observed at stations south
of the Himalaya for earthquakes in Tibet. Note that no clear
Rayleigh wave signals with periods beyond about 30 sec
were apparent. Love waves vary from a pulse shape signal
to dispersed wave trains up to about 60 sec period.
Fig. 3. (a) Group velocity dispersion curves of Rayleigh
waves. No clear signal was observed between 30 to 60
sec periods. A 3% maximum error in group velocities
would be about 0.1 km/s.
(b) Group velocity dispersion curves of Love waves.
Fig. 4. Phase velocity dispersion curves for Rayleigh waves.
Observed values for I-NDI path (crosses) and II-SHL
path (dots) were plotted together with three theoretical
curves calculated for models F4, S7, and S4. Model SE
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generates nearly identical phase velocity dispersion
curve as that of the model S7 at the period range
shown. Error bar shown is approximately +2.4% maximum
error in phase velocity (see text). See Figs. 5, 6,
and 12 for model parameters.
Fig. 5. Theoretical Rayleigh wave dispersion curves (top)
for three models (bottom) with a crustal thickness of
55 km for different uppermost mantle shear wave velocities
( m). The two long-period observations are shown as
solid triangles and reversed solid triangles for comparison.
Also shown is the theoretical Love wave dispersion curve
for model F4.
Fig. 6. Theoretical Rayleigh wave dispersion curves (top)
for 3 models (bottom) with a crustal thickness of 70 km
for different m. Layout same as in Fig. 5.
Fig. 7. Theoretical Rayleigh wave dispersion curves (top)
for 3 models (bottom) with a crustal thickness of 85 km
for different m . Model E4 is used in Fig. 8.
Layout same as in Fig. 5.
Fig. 8. Theoretical Rayleigh wave dispersions for 3 models
with m = 4.4 km/s for different crustal thicknesses.
Model parameters were given in Figs. 5, 6, and 7. Layout
same as in Fig. 5.
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Fig. 9. Two theoretical Rayleigh wave dispersion curves for
models with am = 4.7 km/s for crustal thicknesses of 55
and 70 km. Layout same as in Fig. 5..
Fig. 10. Two theoretical Rayleigh wave dispersion curves
for models with 8m = 4.8 km/s for crustal thicknesses
of 70 and 85 km. Layout same as in Fig. 5.
Fig. 11. (a) Theoretical Rayleigh wave dispersion curves
(top) for 3 models (bottom) with m = 4.4 km/s and a crust
of 55 km thick but with different crustal velocity
structures. The average crustal shear wave velocity ( )
ranges from 3.49 km/s to 3.44 km/s. The model FF3 which
fits the observations is the same as model F4 (Fig. 5).
The upper and lower bound of our observations are shown
in reversed solid triangles and solid triangles respectively.
(b) Theoretical Rayleigh wave dispersion curves (top) for
4 models (bottom) with a fixed crustal thickness (55 km),
8m (4.4 km/s) and 8 (3.44 km/s). Note that a uniform
crust between the Moho and the sediments with this low T is
not appropriate to explain the observations.
Fig..12. (a) Theoretical Rayleigh wave dispersion curves (top)
for 3 models (bottom) with fixed crustal thickness (70 km),
and m (4.7 km/s). T ranges from 3.53 to 3.45 km/s. For
all cases the velocities are too high. Layout same as
Fig. 11. (b) Theoretical Rayleigh wave dispersion curves
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(top) for 3 models (bottom). Model SS3 in (a) is plotted
for comparison. The addition of a relatively high
velocity layer (8 = 3.9 km/s) makes model SS5 (= model
S7, Fig. 6) fit the data at both long period and short
period ends. Model SE is described in (c). (c) Theoretical
Rayleigh wave dispersion curves for models SE and SS5.
The slight increase in Bm in SE has the same effect as the
introduction of a layer at the base of the crust with
8 = 3.9 km/s in SS5 (see (b)). Also note that model S7
(SS5) and SE have nearly identical phase velocity
dispersion curves (Fig. 4).
Fig. 13. (a) Low-pass filtered vertical component Rayleigh
wave of the II-SHL path observation together with two
synthetic seismograms for different Q structures. Both
synthetics employ model S7 (Fig. 6) with source depth 5 km
and an arbitrary seismic moment. All the seismograms
have been normalized to have the same maximum peak-to-peak
amplitude, emphasizing their similarity in wave forms.
(b) Three low-pass filtered synthetic seismograms of the
vertical component of Rayleigh waves for model S7 with
different source depths of 5, 10 and 30 km. Amplitude
scales have been normalized as in (a). (c) Low-pass
filtered vertical component of the Rayleigh wave observation
of the I-NDI path together with three synthetic seismograms
for different velocity structures: Models F7, S4, S7
(Figs. 5 and 6). Amplitude scales have been normalized
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as in (a). Note the particularly poor fit of model F7.
Fig. 14. (a) Vertical component of the long-period PL phase
for the I-NDI path (solid trace) and one synthetic
seismogram (dashed trace) for a 70 km thick crust
(single layer over a half-space) model, with an arbitrary
seismic moment. The large amplitudes at the beginning of
the observation are deep mantle reflections and refractions
and were not synthesized. (b) Two synthesized vertical
components of PL phases for layer-over-half space models
with different crustal thicknesses of 70 and 85 km. P
and S wave velocities for crust and mantle are shown in
the lower-right corner. Note the similarity between the
two waveforms. (c) Synthesized vertical component of a
PL phase for model SEMI (dashed trace) together with the
observed signal. The inclusion of a crustal reflector
alters the long-period waveform considerably from the
pulse like character in (b).
Fig. 15. Plots of Pn travel times normalized for a focal
depth of 33 km (top) and travel time residuals (bottom)
vs. distance to LHA for earthquakes north of the Indus-
Tsang Po suture. The distance range is about 3-17'.
The P- velocity (8.15+0.04 km/s) and travel time residuals
were obtained by a least-square fitting of the 61
observations assuming a Moho depth of 70 km. Most of
the residuals fall within +1 sec of the mean. The
dashed line shows the slope of a curve that the data would
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follow if the Pn velocity were 7.9 km/s. Travel time
residuals can be viewed as reduced travel times in
conventional refraction analysis.
Fig. 16. (a) Plots of data for Pn travel times without depth
normalization (top) and travel time residuals (bottom)
vs. distance to LHA for earthquakes north of the
Indus-Tsang Po suture. Distance range is 3-10° .
Layout as in Fig. 15. (b) The same dataset as in (a)
but with a normalization for a focal depth of 33 km.
Note the reduction of residuals compared with (a).
Layout as in Fig. 15.
Fig. 17. Plots of Pn travel times normalized for a focal depth
of 33 km (top) and travel time residuals (bottom) vs.
distance to LHA for earthquakes south of the suture.
Distances range from 30 to 100. Layout same as in Fig. 15.
Fig. 18. Plots of Sn travel times normalized for focal depths
of 33 km (top) and travel time residuals (bottom) vs.
distance to LHA for earthquakes north of the suture.
Distances range 30 to 100. Layout as in Fig. 15.
Fig. 19. Map of Tibet showing the location of LHA and the
epicenters used for the refraction profiles. Tectonic
features are the same as in Fig. 1.
Fig. 20. Map of Tibet and the Himalaya showing the locations
of 17 earthquakes (circles) used in telseismic travel
time measurements. Roman numerals inside the circles
are the lower bounds at 1 sec intervals of S-P travel
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time residuals with respect to the J-B tables. Source
depths have been normalized to 5 km for earthquakes in
Tibet and to 33 km for those in the Himalaya. Tectonic
features are the same as in Fig. 1.
Fig. 21. Examples of seismograms used in the teleseismic
travel time measurements for earthquakes in Tibet and the
Himalaya. Arrows indicate the onset of S wave arrivals.
Numbers in the parentheses are S wave travel time residuals
in sec with respect to the J-B table for the source depths
given by the ISC.
Fig. 22. (a) Plots of teleseismic P and S wave travel time
residuals, with respect to the J-B tables vs. distance
for earthquakes in Tibet (b) S-P travel time residuals
(circles). The crosses are the results after station
corrections. Dashed line shows the zero-residual level
for a focal depth normalized to 5 km. The averaged S-P
delays are given in Table III with estimated standard
errors.
Fig. 23. (a) Plots of teleseismic P and S wave travel time
residuals, with respect to the J-B table, vs. distance
for earthquakes in the Himalaya. (b) S-P travel time
residuals. Symbols are the same as in Fig. 22.
110.
Fig. 24. Average S-P travel time residuals for earthquakes
in Tibet (left) and the Himalaya (right). Hatched and
open columns are average residuals without and with the
station corrections, respectively. The residuals are
given for three different focal depths: 5 km (top),
33 km (middle) and the depth reported by the ISC (bottom).
Fig. 25. Solidi of selected possible crustal and uppermantle
materials of different water content from data obtained
from experimental petrology [Lambert and Wyllie, 1970,
Merrill et al., 1970, Merrill and Wyllie, 1975]. Dashed
lines indicate areas of large uncertainty cited in the
original literature.
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Abstract
This paper presents the results of a detailed study
of an intermediate depth earthquake beneath southern Tibet
(September 14, 1976, 06 hr 43 m 51.6S; 29.81 0 N, 89.570 E,
focal depth 90+10 km, mb = 5.4).
From the differences in arrival times of P, pP and sP,
from a synthesis of the phases, and from Rayleigh wave spectral
densities, the focal depth is estimated to be 90+10 km
and therefore in the uppermost mantle. From the polarities
of the first motions of P waves, an inversion of the relative
amplitudes of P, pP and sP and their synthesis, the fault
plane solution is constrained to be predominantly normal
faulting with the T-axis approximately horizontal and
east-west trending. This fault plane solution is similar
to those for shallow earthquakes near the surface of Tibet.
The occurrence of an earthquake at such a depth is
consistent with rapid deformation at a temperature of
between 700 to 8000C in the mantle beneath the Tibetan
crust. The seismic moment of a double couple point source
is estimated to be about 6.5 x 1024 dyne-cm (with an
uncertainty of about a factor of 1.4) from the sP
amplitudes in the period range of about 10 sec, and
5 x 1024 dyne-cm (with an uncertainty of about a factor
of 1.3) from the spectral density of Rayleigh waves with
periods of 50 sec.
133.
INTRODUCTION
Intermediate and deep focus earthquakes are typically
associated with subduction zones of oceanic lithospheres
and they rarely occur beneath continents. Although the
intermediate depth earthquakes in the Hindu Kush,
Carpathians and Burma and the deep Spanish earthquake of
1954 are good examples of such events beneath continents,
they too are generally considered to be evidence for
sinking slabs of oceanic lithosphere [e.g., Chatelain et al.,
1979; Chung and Kanamori, 1976; Isacks and Molnar, 1971;
Roecker et al., 1979]. Presumably, it is only where cold
lithosphere is subducted into the asthenosphere that the
material at intermediate depths can, in general, be strong
enough to support the stresses needed to cause earthquakes
and that such stresses can be generated.
Whether intermediate and deep earthquakes result from
deformation processes analogous to brittle failure or
stick-slip of earth materials observed in laboratory
experiments remains controversial. In any case, the depth
and fault plane solutions of these earthquakes have been
used extensively to study the state of stress in the
subducted lithosphere [e.g., Isacks and Molnar, 1971].
In fact they provide the only information that we have
for the orientation of the principle stresses a few km
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beneath the earth's surface. It follows that the
occurrence of unusually deep earthquakes are likely to
provide new information on the state of stress deep in
the lithosphere. Moreover, since earthquakes do not
seem to occur where the temperature is high [Brace and
Byerlee, 1970; Molnar et al., 1979], their occurrence can
be used to place a constraint on the temperature of the
material in the source region.
In this study, we present seismic evidences of an
earthquake with a focal depth of about 90 km beneath
southern Tibet where active subduction of oceanic lithosphere
presumably ceased a few tens of m.y. ago. To our knowledge,
the earthquake considered in the present study is the first
to be studied that occurred at intermediate depths and
that cannot be ascribed to subduction of oceanic lithosphere.
The high Tibetan Plateau, north of the Himalaya
convergent zoneis a focal point in understanding the
relationship between the onset of the continental collision between
India and Eurasia about 40 m.y. ago and the active tectonics
of much of Asia [e.g., Dewey and Burke, 1973; Molnar and
Tapponnier, 1975, 1978]. South.of the plateau, deformation seems
to occur primarily by low-angle underthrusting that is
presumably responsible for the high mountain ranges
[Fitch, 1970; Molnar et al., 1977]. Large left-lateral
strike slip faults extend eastward across China from the
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northern and northeastern boundaries of Tibet. In the
plateau itself, however, the active deformation is primarily
by widespread normal faulting with an approximately east-
west trending T-axis [e.g., Molnar and Tapponnier, 1975,
1978; Ni and York, 1978]. It is particularly interesting
to note that the active normal faults apparently extend
south of the suture to the high Himalaya so that the
boundary of Tibet, defined by its present tectonics, has
grown [Molnar and Tapponnier, 1978].
The epicenter of the earthquake of September 14, 1976
is about 50 km north of the Indus Tsang-Po suture and
approximately 300 km north of the Himalayan main boundary
fault (Fig. 1). Seismicity in Tibet is quite scattered and
the focal depths are not well-studied. The existence of
large short-period Rayleigh waves clearly visible on the
short-period seismograms of the World Wide Standardized
Seismograph Network (WWSSN) [e.g., Chen and Molnar, 1975]
suggests that there are probably some very shallow
earthquakes. All of those for which Molnar and
Tapponnier [1978] determined fault plane solutionsappear
to be quite shallow (<35 kin).
In the following sections, we present the five
different methods used to constrain the focal depth and
source mechanism and we then discuss the tectonic
implications of this particular earthquake.
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DATA AND ANALYSIS
We examined all the available WWSSN seismograms for
this earthquake and selected records with large signal to
noise ratios for body wave and surface wave analysis.
For quantitative analysis of the seismograms, we
use the S wave velocity structure of model SE in Chen and
Molnar [1980]. The P wave velocity is assumed to be 1.73
times that of the S wave velocity (a Poisson's ratio of
0.25) except for the Pn velocity which was measured
independently [Chen and Molnar, 1980] (Table I). The
density structure and both P and S wave velocity structures
below 90 km, where little observational constraints are
available, are those of the Gutenberg's continental model
[Dorman et al., 1960].
1. Differential Travel Times of P Waves Between Direct
and Depth Phases
The body wave magnitude (mb) given by the International
Seismological Center (ISC) for this event is 5.4. Earthquakes
of this size are marginal for P wave first motion studies,
because in general, the direct P phase is fairly small.
For this event the P phases are especially weak because
most seem to be near nodes of the radiation pattern.
However, one later phase, which we identify as the sP
phase, is apparent on many long-period WWSSN seismograms,
and the travel time difference (6T) between these two
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phases is about 38 sec (Fig. 2). On several short-period
and some long-period records, another apparent depth phase
can be clearly recognized (e.g., at COL and STU) with a
6T of about 27 sec (Fig. 2). The differential travel times
and their uncertainties are summarized in T&ble II.
For vertical ray paths and for the average velocities
in the crust and upper mantle in Table I, a focal depth of
90 km is consistent with both a 28 sec travel time difference
between P and pP (6T pP-P) and a 38 sec travel time
difference between P and sP (6T sP-P). If the crustal
thickness were 80 km instead of 70 km, with the same
average velocities as these of model SE in the crust,
these differential travel times would indicate a focal
depth of 85 km. For the extreme case, in which both the
values of ST sP-P were systematically overestimated by
2 sec and the average crustal velocity were overestimated
by 5%, could the focal depth be as shallow as 75 km for a
crust as thick as this much. Moreover, a non-vertical
ray path will cause an underestimate of the focal depth
by a few km. Thus given the uncertainties in both the
differential travel times and the velocity structure,
we conclude that this earthquake occurred in the
uppermost mantle with a focal depth of 90+10 km.
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2. Fault Plane Solutions
Possible fault plane solutions were constructed for
this event using the P wave first motion polarities
assuming a double couple source (Fig. 3). The projections
of the rays onto the focal sphere are based on take-off
angles calculated from the Herrin [1968] P tables. Since
the take-off angles would change considerably if the
source were in the lower crust instead of the uppermost
mantle, we examined two source depths one in the crust and
the other below it. Because the Herrin P tables assume a
radially symmetrical earth, these depths were 25 km and
75 km to approximate source depths in the lower crust
and in the uppermost mantle beneath Tibet, respectively.
The differences between the take-off angles for sources
in the mantle at 75 km or 90 km or between sources at 25 km
in a crust 35 km thick or at 60 km in a crust 70 km thick
are negligible. In both cases, one approximately north-
south striking plane is well-constrained. To parameterize
the solution we can treat this plane as the fault plane,
without loss of generality. The P wave first motions
constrain the slip angle in this plane to be within about
60 of 2220 for a crustal source depth (Fig. 3a), but for
an uppermost mantle source, they allow a range from 2320
to 2700 (Fig. 3b). Table III summarizes the possible
solutions including the one that fits the P wave amplitude
data best and will be discussed >below in section 4. Note
that all of these solutions contain a major component of
normal faulting.
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3. Rayleigh Wave Amplitude Spectra
An obvious indication of the depth of this event is
the lack of Rayleigh waves with periods less than about
20 sec on almost all the WWISSN long-period seismograms
(Fig. 4). Not surprisingly, there is no surface wave
magnitude assigned by the ISC. Tsai and Aki [1970]
demonstrated that in the period range of 10 to 50 sec,
where the attenuation coefficient is nearly independent
of frequency for Rayleigh waves,the Rayleigh wave
excitation depends strongly only on properties of the
source. In particular, they showed that the shape of the
Rayleigh wave amplitude spectra could be used to determine
the focal depth without knowing the exact value of the
attenuation coefficient.
Thirteen WWSSN vertical component seismograms with
visible Rayleigh wave signal with periods of 50 sec were
digitized in the group velocity window between 4 km/s to
2.8 km/s. Their unsmoothed amplitude spectra in the period
range of 10 to 50 sec, after removing the effect of the
instrument response (Fig. 5), show a rapid decrease
towards the high frequency end, despite some noise clearly
visible on the seismograms (Fig. 4,5).
Tsai and Aki [1970] discussed in detail the possible
effects of various source and propagation parameters on
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the determination of source depth from Rayleigh wave
amplitude spectra. For our case, the assumption of a
point double couple source is a good approximation
considering the small magnitude of this earthquake.
A rise time of about 2 sec gave satisfactory results for
synthetic P wave forms (section 5). Therefore, the
effects of the source-time function on the surface wave
spectra are negligible. Errors in our knowledge of the
crust and upper mantle velocity structure beneath Tibet
are probably negligible judging from Tsai and Aki's [1970]
numerical experiments exploring the effects of different
velocity structures.
We examined the effects of different fault plane
solutions obtained from the last section and section 4
(Table III), and found negligible effects on the
shape of the Rayleigh wave amplitude spectra between 10 to
50 sec at a source depth of around 85 km.(Fig. 5). Thus,
the principle factor affecting the shapes of the spectra
is the depth of focus. Because we are only interested in
the shapes of the amplitude spectra in this period range,
the theoretical spectra, corresponding to a seismic moment
of 1 x 1027 dyne-cm, have not been corrected
for attenuation. It is clear that a
source depth of 45 km will not fit the observations
(Fig. 5). This is consistent with the identification of
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the two depth phases and their differential travel times.
However, at a source depth around 90 km, the shape of the
observed Rayleigh wave amplitude spectra between 10 to 50
sec cannot constrain the source depth better than +10 km
(Fig. 5). For fault plane solution 3, at 90 km depth and
from the observed spectral densities at 50 sec the seismic
moment is estimated to be about 5 x 1024 dyne-cm, (Fig. 6)
with an estimated uncertainty of a factor of 1.3, assuming
an attenuation coefficient of 1.5 x 10- 4 km-1 [Ben-Menahem,
1965; Tsai and Aki, 1970]. Combinations of different
possible source depths from 85 to 95 km and fault plane
solutions shown in Table III give geometrically averaged
seismic moments between 5 to 6 x 1024 dyne-cm and an
uncertainty of a factor of 1.3 is estimated from the scatter
of the data.
4. Seismic Moment Tensor Inversion of P Wave Amplitudes
The response of an elastic body to an arbitrary static
seismic moment tensor at a point souce can easily be found
by differentiating the Green's function with respect to
the source coordinates. Suppose we have a force couple at
the source position _ with the force pointing at the i
direction and the moment arm pointing at the j direction
(Fig. 7). (This corresponds to a Mij term in the moment
tensor.) If the Green's function Gni(Xi, , t) is known,
where X is the receiver position and t is time,
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A
then the displacement response u'n at X in the n direction,
due to Mij, is simply
Since it is difficult to perform the differentiation
in the source coordinates, one usually applies the reciprocal
theorem and performs the differentiation in receiver
coordinates. The reciprocal theorem is then applied again
to the results to obtain expressions in the source
coordinates. With known Gni, this can be done for surface
waves (e.g., Mendiguren, 1977) and body waves in a layered
medium (see section 5). For a given set of observed
displacements u, Mij can be found by applying the linear
inverse operator (/* Gni)-le
Recently, Fitch et al. [1979] formulated such a
formal inversion of the static seismic moment tensor from
the amplitude of body waves. We briefly review the
procedures here. The problem is simplified by reducing the
amplitude data onto the focal sphere and simply using the
inverse operator of the elastic response of a whole space
to perform the inversion. Usually body wave data are
deconvolved in the time domain to remove the instrument
response and attenuation effects. The amplitudes of the
resulting pulses corresponding to P, pP, and sP are then
corrected for the geometrical spreading from empirical
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amplitude-distance curves and for the reflection at the
free surface over the source region for pP and sP with
an assumed velocity model. Finally, these data are
projected back onto the focal sphere using standard travel
time curves to find the take-off angles just as in cal-
culating fault plane solutions. Also the
source is assumed to be a point.
For this procedure, it is most convenient to use spherical
coordinates centered in the focal sphere. Expressions of
the elastic response on a focal sphere due to the point
seismic moment tensor can be found in McCowan [1977]. The
moment tensor can be decomposed into a volumetric component,
the monopole; and two non-volumetric components, the double
couple and the compensated linear vector dipole (CLVD)
[Fitch et al., 1979]. In general, regardless of whether
the solution is constrained to have only a double couple
mechanism or not, the inferred double couple component is
found to be essentially the same [Fitch et al., 1979]. The
formal uncertainties in the inversion process are probably
not particularly meaningful because they do not take into
account the possible errors associated with the reduction
of the data such as noise on the seismogram, structural
variations in the source region affecting the reflection
coefficients and take-off angles, lateral inhomogeneity
of structures and attenuation along the ray path,
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particular receiver effects etc. For these reasons, Fitch
et al. [1979] consider the results of the inversion with
a non-double couple component to be artifacts of noise on
the data.
Since apparently the focal depth for the event of
September 14, 1976 is near 90 km, the depth phases are well
separated from the direct P phase and from each other.
Therefore we simply measured the peak amplitudes of P, pP,
and sP with a digitizing table and performed the inversion.
The amplitudes of pP and sP are corrected for reflections at
the free surface with a half-space model, as in Kanamori
and Stewart [1976]. Nine long-period WWSSN records within
the distance range of 300 to 801 and with good sP signal
to noise ratios were used (Table IV). Assuming a focal
depth of 80 km the resulting moment tensor from the linear
inversion has about 7.1% monopole component, 41.7% CLVD and
51.2%double couple. The double couple component resulting
from the unconstrained linear inversion is shown in Fig. 8.
This solution is very close to the one obtained from P
wave first motion polarities (Fig. 3b). The only obvious
failing with the solution is that it is inconsistent with the
compressional first motion of JER near one nodal plane.
This does not trouble us greatly because the signal-to-noise
ratio for the direct P phase at JER is not very large.
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For this particular data set, the solution became
unstable when it was constrained to be a double couple.
In fact, the distribution of amplitude data on the focal
sphere is probably barely sufficient to yield a stable
solution for the unconstrained linear inversion. Although
the direct P phase have poor signal-to-noise ratios, they
are important in constraining the solution. When only sP
phases are used, the resulting solution systematically gave
amplitude ratios of P to sP phases that are too large and
the resulting double couple component of the solution
included about 50% strike-slip motion. Moreover, that
solution is incompatible with several first-motion polarities.
In any case, solution 3 obtained from the amplitudes of
P, pP and sP is similar to the range of solutions from the
first motion data (solution 2). Both indicate a predominantly
normal faulting mechanism with one north-south striking plane,
and the results of the inversion suggest that a large strike
slip component is unlikely.
5. Wave Form Matching of P Phases
In the last section we briefly reviewed the procedure
of finding the elastic response to an arbitrary moment
tensor. For a source embedded in a stack of homogeneous
layers overlying a half-space, an efficient method of
calculating such a response in the far field was given by
Bouchon [1976] using the reciprocal theorem. At first,
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the source is treated as being in a half space with the
receiver in the layers. A good approximation to the far
field Green's function in such a configuration can be
calculated as the response of the layers to a plane wave
incidence at the bottom of the layers using the Thompson-
Haskell matrix algorithm [Haskell, 1953]. At this stage, one
can simply differentiate the Green's function in the present
receiver coordinates and then apply the reciprocal theorem
to place the source in the layers. To obtain the proper
source-receiver configuration when applying this method to
the earth, knowledge of the take-off angle at the bottom of
the layers in the source region, the angle of incidence at
the base of the layers at the receiver (if so desired),
geometrical spreading and attenuation in the mantle is required.
We generated synthetic seismograms for the 9 seismograms
used in the seismic moment tensor inversion in section 4
following the procedures outlined above. The assumed velocity
structure in the source region is that given in Table I
except that the mantle is taken to be a half space with the
same structure parameters for the layer between 70 to 90 km
in Table I. The receiver region consists of a single
layer of crust 30 km thick, with P wave velocity (Vp) of
6.1 km/s and density (p) of 3 gm/cm 3 , overlying a half space
with Vp of 8.0 km/s and p of 3.3 gm/cm 3 . A Poisson's
ratio of 0.25 is assumed for the reciver structure.
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Corrections for the geometric spreading in the mantle,
the take-off angles and the angles of incidence at the
base of the crust in the receiver regions are all calculated
from the smoothed travel time cruves of Herrin [1968]. An
attenuation operator with a constant t* (travel time/
quality factor) = 1 and a rise time of 2 sec for the
point source time function are assumed.
The digitized records and the synthetic seismograms
for the double couple fault plane solution 3 (Table III)
with a source depth of 90 km are shown in Fig. 8. All the
observed wave forms have been normalized for an instrumental
peak magnification of 1500 and with a vertical exaggeration
of two except for the observed seismogram at DAV, for which
the vertical exaggeration is 1/3. The synthetic seismograms
correspond to a seismic moment of 7 x 1024 dyne-cm. We
consider the agreement between the observed and synthesized
wave forms to be very good except at DAV where the observed
sP phase is too large.
Synthetic seismograms were also generated for fault
plane solution 2 (Table III) both with X = 2321 and
X = 2700 to explore the effects of variations in fault
plane solutions. The differences in synthesized wave forms
at SHI, TAB and TRI are negligible. The first motion of the
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synthetic wave form at JER for solution 2 is consistent
with the observation as expected, but for stations AAE,
ATH and IST, solution 2 yields synthetic seismograms which
have a much smaller P to sP amplitude ratio compared with
the observations (Fig. 9). At MAT, the synthetic seismogram
for solution 2 is inadequate to explain the observed wave
forms while that for solution 3 matches the observation
well (Fig. 9). The only recording difficult to match is
from DAV. The observed wave form cannot be explained by
small variations of fault plane solutions from solution 3,
unless the nodal plane dipping to the east is moved very
close to DAV. This would correspond to having a solution
with a large strike-slip component. The observations near
the nodal plane dipping to the west however, prohibit
such a change in the fault plane solution, unless the nodal
planes are not orthogonal or there are large lateral
variations in the velocity structure that lead to large errors
in the take-off angles.
An increase in take-off angle of about 100 is required
to obtain a good fit to the observed wave form at DAV with
solution 3. Such an increase corresponds to a take-off angle
appropriate for epicentral distances 150 to 200 less than
that reported distance by ISC.
Our preferred explanation
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for the anomalous. sP amplitude is the high noise level
at DAV. The noise preceding the P arrival at DAV is very
representative of that particular record (Fig. 10a). The
closest WWSSN station to DAV is at BAG with a difference in
azimuth of only 8* from the epicenter (Fig. 10a). Although
the noise level at BAG is high, the sP amplitude is much
smaller than that at DAV even without correcting for the
geometrical spreading. The poor signal-to-noise ratios
at LEM and small epicentral distance of SNG make these
records unsuitable for quantitative analysis of the
amplitude data, but the small amplitude ratios of sP to P
at them (Fig. 10b) are consistent with a fault plane solution
similar to fault plane solution 3 but are inconsistent with
solutions with large strike-slip components.
The seismic moments calculated from the sP amplitudes
average to 6.5 x 1024 dyne-cm (with an uncertainty of about
a factor of 1.4) if the large sP amplitude at DAV is ignored.
Otherwise the geometric average seismic moment is close to
24
8 x 10 dyne-cm,with an uncertainty of about a factor of 2.
The value of 6.5 x 1024 dyne-cm agrees with the estimated
seismic moment of 5 to 6 x 1024 dyne-cm using 50 sec Rayleigh
waves.
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TECTONIC IMPLICATIONS
Normal Faulting at Depth
The epicenter of the earthquake of September 14, 1976
is about 50 km north of the suture where active subduction
presumably ceased a few tens of m.y. ago. The fault plane
solution not only is very different from low-angle under-
thrusting, characteristic of earthquakes in the Himalaya,
but also is difficult to fit into any simple scheme of a
sinking slab or bending of the lithosphere. Therefore,
although it may have occurred in material that was once
oceanic lithosphere, its occurrence probably should not be
taken as evidence for an actively sinking slab. We believe
that this earthquake probably represents deformation in the
Tibetan mantle.
The approximately east-west trending T-axis is similar
to the active normal faulting observed near the surface of
Tibet. Since we studied only one event that clearly is in
the mantle, it is risky to draw any firm conclusions about
the style of deformation between the surface and this depth.
If this event is representative of the deformation of the
lower crust and upper mantle of Tibet, however, then it
suggests that the small amount of the active east-west
extension that occurs at the surface also occurs at depth.
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Implications For The Temperature In the Mantle Beneath Tibet
The fact that this event occurred in the mantle and
not in the lower crust enables us to investigate the
possible temperature range in the source area of this
earthquake. Chen and Molnar [1980] suggested that the
average temperature of the uppermost mantle immediately
beneath the Tibetan Moho is likely to be about 250'C
warmer than that beneath stable platforms and shields.
Thus the uppermost mantle temperature beneath Tibet could
be around 750 0 C to 800 0C if that beneath the stable platforms
and shields were about 500 0 C.
To the best of our knowledge, the deepest intraplate
earthquakes occur in periodic swarms about 60 km beneath
the summit of Kilauea in Hawaii [Eaton, 1962]; and presumably
are related to volcanic activity there. Using the cooling
plate model for the thermal history of the oceanic
lithosphere [Parsons and Sclater, 1977], the estimated
temperature at 60 km depth in an oceanic plate about 100 m.y.
old is about 750 0C. The possible non-conductive heat
transport associated with volcanic activities might increase
this temperature estimate somewhat. Moreover, the solidus
for basaltic material under water saturated conditions
(corresponding to a lower bound of the solidus) is about
7001C at 20 kb of lithostatic pressure [e.g., Merrill et al.,
1970]. Thus the temperature at .60 km beneath Kilauea could
be over 700 0 C if magma exists near that depth. This suggests
that earthquake activity can occur in mantle materials at
temperatures near 7500C if there are sufficient stress
differences at these depths.
An application of flow laws for olivine, obtained from
laboratory experiments [e.g., Goetze, 1978], indicates that
at a strain rate of about 100% over the past 40 m.y. since
the collision, only 1.1 Kb to 430 bars of differential
stress is necessary to maintain steady state dislocation
creep of olivine at temperatures of 750 0 C to 8000C
respectively [Chen and Molnar, 1980]. This calculation is
very crude because of uncertainties in the activation energy
and temperatures. Nevertheless, this earthquake at 90 km
beneath Tibet indicates that a very rapid deformation process
is possible at temperatures over about 700 0 C and at pressures
of about 30 kb, unless we have grossly over-estimated the
temperature or unless the source region is anomalously cool
compared with the average temperature at that depth.
CONCLUSIONS
The focal depth of the intermediate depth earthquake
of September 14, 1976 is estimated to be about 90+10 km from
the differences in arrival times of P, pP, and sP, from the
synthetic seismograms for these phases, and from Rayleigh
wave amplitude spectra. With the first-motion polarities
of P phases, inversion of the relative amplitudes of
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P, pP, and sP and matching of the P phases with synthetic
seismograms, the fault plane solution is constrained to be
predominantly normal faulting with at least one plane
striking approximately north-south. The seismic moment
of a point double couple source is estimated to be 5 x 1024
dyne-cm from the spectral densities of 50 sec Rayleigh
waves and 6.5 x 1024 dyne-cm from the amplitude of the sP
phases. Both estimates of the seismic moment are uncertain
to a factor of about 1.4.
The apparently east-west trending T axis is consistent
with the style of active deformation near the surface.
If this mechanism is representative of the over-all
deformation style of the Tibetan mantle, then a small
amount of the east-west extension observed near the surface
of Tibet also occurs at depth.
Since the average temperatures in the uppermost mantle
beneath Tibet and 60 km beneath Hawaii could be 700 to 800 0C,
the occurrence of earthquakes in both regions indicates that
rapid deformation can occur at these temperatures and at
pressures over 20 kb.
)
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Table I. Seismic Wave Velocity Structure
Used For Tibet
Depth (km) S wave velocity P wave velocity density (g/cm3)
(Vs) (km/sec) (V,) (km/sec)
0-3.75
3.75-45
45-70
70-90
2.55
3.4
3.7
4.8
90-100 4.41
4.41
5.88
6.4
8.12
8.02
2.41
3.0
3.32
3.365
3.38
__
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Table II. P Wave Travel Time Differences Between the
Direct and Depth Phases at WWSSN Stations
Station A(Deg.) Azimuth
AAE
ATH
COL
DAV
HKC
IST
JER
MAL
MAT
POO
SHI
STU
TRI
51.7
54.3
75.7
40.7
23.3
49.7
46.3
75.8
40.9
18.2
32.1
62.2
59.9
(Deg.)
257
297
22
116
103
300
287
304
67
235
279
312
308
6T pP-P
(sec)
26+2
28+0.5
27+1
27+1
27+0.5
26+1
6T sP-P Instru-
(sec) ment
38+2
38+2
37+2
36+2
37+1
38+1
37+2
38+2
38+2
38+2
long period instrument: LP
short period instrument: SP
LP
LP
SP
LP
LP
LP
LP
LP
LP
LP
LP
SP
LP
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Table III. Possible Fault Plane Solutions From P Wave
First-Motion Polarities And Inversion of
Amplitude Data
No. Strike dip (6) slip angle (X) Method of Analysis
1 00  660W 2160-2280 P wave first motion
polarities, crustal
depth
2 100 57 0W 2320-2700 P wave first motion
polarities, upper
mantle depth
3 260 540W 2910 Inversion of amplitudes
of P phases, double
couple component,
upper mantle depth
For convention of defining the fault plane solutions, see
Kanamori and Stewart [1976]. X = 2700 corresponds to pure
normal faulting and A = 00 to pure left-lateral strike-slip
faulting.
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Table IV. P Phase Amplitudes Used in the Moment Tensor Inversion
Station A(deg.) Azimuth (deg.) Amplitude (cm)*
P pP sP
-0.039 x 0.173
-0.041 0.037 0.131
-0.088 x 0.513
-0.024 0.090 0.130
0.022 0.060 0.222
-0.032 x 0.182
0.031 x 0.255
x x 0.291
-0.036 0.053 0.080
*Normalized to peak magnification of 1500
AAE
ATH
DAV
IST
JER
MAT
SHI
TAB
TRI
51.7
54.3
40.7
49.7
46.3
40.9
32.1
36.5
59.9
257
297
116
300
287
67
279
295
308
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Figure Captions
Fig. 1. Simplified map of active tectonics in Tibet and
surrounding regions (adopted from [Molnar and
Tapponnier, 1978]) showing the epicenter of the
earthquake studied (4). Heavy lines are major
faults (dahsed when less certain) recognized on the
Landsat imagery. Dotted areas are sediment-filled
basins presumably due to normal faulting. Thin
dashed lines are a schematic outline of the 320 N
fold belt. Cenozoic volcanism has not been
represented. In fault plane solutions (lower
hemisphere), solid areas are compressional quadrants,
and open areas are dilatational quadrants; for
smaller events (1961-1970), solid circles represent
locations with more than 25 World Wide Standardized
Seismograph Network Stations, and open circles those
with more than 15 stations. Large closed and open
circles are historic earthquakes with M > 7.8 and
with 7.8 > M >7.0, respectively.
Fig. 2. Examples of vertical component long-period WWSSN
seismograms which recorded at least one clear
later phases (identified as sP) after the direct P
arrival (top) and vertical component short-period
WWSSN seismograms at COL and STU (bottom) where clear
1 4.
pP phases can be easily identified.
Fig. 3. Equal area projections of the lower hemisphere of
the focal sphere showing the P wave first motion
polarities. (a) Crustal source. Take-off angles
are calculated based on the Herrin P tables. Thus
the assumed focal depth (25 km) is to approximate a
lower crustal depth for Tibet. (b) Mantle source.
Solid circles are compressional first motions and
open circles are dilatational first motions. Two
different southeast dipping nodal planes are extreme
solutions allowed by the data.
Fig. 4. Examples of the traces of the digitized vertical
component long-period WWSSN seismograms with clear
Rayleigh wave signals. Note the apparent absence of
Rayleigh wave energy with periods less than about 20 sec.
Fig. 5. Observed vertical component Rayleigh wave spectra
after corrections for the instrument response in the
period range of 10 to 50 sec at 13 WWSSN stations with
scales shown to the right of each diagram. The spectra
are not smoothed and only peaks and troughs are plotted
(open circles). Theoretical spectra (scales shown to
the left of each diagram) at three different depths with
different fault plane solutions are shown for comparison:
45 km depth with solution 1, 85 km with solution 2,
X = 2700, 95 km with solution 3 (Table III).
Representative, examples showing the negligible effects
195.
of possible different fault plane solutions on the
theoretical spectra are shown in (d) and (j). In
(a), (f) and (k) the theoretical spectra of solution 3
with a source depth of 70 km is also shown. The
observed spectra have a resolution of about +10 km on
a source depth near 90 km. All theoretical spectra
are generated for the structure model SE (Table I)
with a seismic moment of 1 x 1027 dyne-cm and corrected
with appropriate geometrical spreading factors for each
station. No attenuation correction is applied since we
are only interested in the shape of these spectra.
Fig. 6. Observed vertical component Rayleigh wave spectral
densities (50 sec period) at 14 WWSSN stations (solid
circles) normalized to the source assuming an
4 -1
attenuation coefficient of 1.5 x 10-4km- . The solid
curve shows the theoretical spectral densities predicted
for a source at 90 km depth with fault plane solution 3
(Table III). The dashed curve shows those for a source
at 85 km depth with fault plane solution 2 (X = 2320).
The assumed seismic wave velocity structure is shown in
Table I and the assumed seismic moment is 5.5 x 1024dyne-cm.
Station JER is not used in Fig. 5 because the latter part
of the dispersed Rayleigh wave train overlaps a
calibration pulse.
19%.
Fig. 7. Schematic diagram showing a force couple corresponding
to a Mij term in the seismic moment tensor acting at
source E with a source coordinate i and j and the resulted
displacement field u at receiver X with receiver
coordinates n and m. Gni(X, , t) is the Green's function
where t is time. The third dimension is not shown for
simplicity.
Fig. 8. Equal area projection of the lower focal sphere
showing the nodal planes of the double couple component of
the seismic moment tensor obtained from the linear inversion
of the amplitudes of the P phases. Also plotted are the
P wave first motion polarities (solid circles for
compressional, open circles for dilatational, and X for
nodal), pP polarities (+ for compressional and - for
dilatational), and positions of the sP reflections
(with the symbol '2'). Digitized vertical component
long-period WTWSSN seismograms (top trace) and synthetic
seismograms (bottom trace) are shown for each of the
9 stations used in the inversion. For the synthetic
seismograms, we used double couple solution 3 (Table
III) at 90 km depth with a seismic moment of 7 x 1024
dyne-cm. The beginning of the synthetic seismograms
marks the onsets of the direct P phases. The lack of
clarity of the initial P phases is due to the
digitizing, which does not allow the change in
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intensity of the original trace at the P onset to be
seen. The originals are clear (Fig. 2). The peak
instrument response is normalized to 1.5 k with a
vertical exaggeration of 2 except that the observed
trace from DAV has a vertical exaggeration of 1/3. The
point source has a rise time of 2 sec and the attenua-
tion is parameterized by t* = 1.
Fig. 9. Examples of digitized vertical component long-
period seismograms (top trace) and synthetic seismograms
for three different fault plane solutions: solution 2
with X = 2320, solution 2 with X = 2700, and solution 3
(Table III) with arbitrary seismic moments. The
source depth is at 90 km and all the seismograms have
been normalized to the maximum peak-to-peak amplitude
of the observed trace. Solution 3 yields a good
match between the synthetic and observed seismograms.
Fig. 10. (a). Digitized vertical component long-period WWSSN
records from DAV and BAG. The azimuths from the
epicenter to both stations are similar (1160 for
DAV, A = 40.7 0 ; 1080 for BAG, A = 31.4*). Note the
large apparent sP phase is observed at DAV but not at
BAG. Both stations have high noise levels. The expected
P arrival times are based on the P arrival times on
the short-period records.
(b) Digitized vertical component long-period WWSSN
198.
records at LEM and SNG showing comparable amplitudes
of p and sP which is qualitatively consistent with
a fault plane similar to solution 3 (Table III).
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Appendix A:
We solve analytically the one-dimensional time-
dependent heat conduction problem with a constant heat
flux at one end (z=h) and zero temperature at the other
(z=o). The particular cases that we consider are appropriate
for a layer with heat sources in it and initially at steady
state. Then the layer is thickened instantaneously so that both
the distribution and the amount of heat sources
changes but with the same flux at the bottom.
We solve for the temperature as a function of depth and time
in the thickened layer.
We start with the steady state solution of the one-
dimensional heat conduction equation I Z T= - A( )/ (Al)
subject to the boundary conditions: T(0) = 0, -4 . =-
where T is the temperature, A(z) is the heat producing rate
between depth (z, downward positive) 0 and h, Qh is a constant
heat flux at depth h and 4 is the thermal conductivity.
CI-~ A 0 :rz 'Q~ 7- (A))
7=6 Az~ + (Qh Aa)$/i, )
225.
T:)1[: A(' -A, L/d..x -)*(( k L J
# AX 644)
Conditions (2) and (3) satisfy the linear relationship between
surface heat production rate (Ao ) and surface heat flow (Qs )
Qs = Qo + D Ao  (A5)-
where Qo is the reduced heat
flow and D is a constant with units of depth. Letting
Qh = Qo corresponds to an upper bound of the heat flux from
the mantle estimated from equation (A5). For an exponential
dependence of A(Z), for which equation (A5) remains valid
after differential erosion, D/h must be much less than one
[Lachenbruch, 1970].
Now consider the solution to the one-dimensional time-
dependent heat conduction equation:
V T-k 
-As
where (t is the thermal diffusivity, 6C = /fCp, f is the
density, and C is the heat capacity at constant pressure.
The boundary conditions are
[7 0,' .) -- O
ahSnd [k A k=c ang a >'
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The initial condition T0 = T(z,0), can be obtained
by substituting z/a for z in equations A2 to A4. The steady
state solutionT(z)= u(z), can also be obtained from equations
A2 to A4 with the appropriate constants Ao and D. Thus
equation (A6) can be easily solved by finding the solutions
of the form T(z,t) = u(z) + w(z,t). The equation for
the transient part, w(z,t), is
with boundary conditions
the initial condition is w(z,o)
u(z) satisfies =o with
and -
w(z,t) will have the form
and from boundary condition of
We have
= T(z,o)-z(z). Note that
A U(P) =0
, o
zero flux at k' p= ex ),
zero f lux at k)P=( %),
hD00= 2l Z~'D1((~'/~ x -c
tt~~~~t-( ca ) t-/
where
From equations (A2) to (A4) and (A8), it is clear
that the solution can be written as T(z,t) = Tm(z,t)+ TR(z,t)
where Tm(z,t) is proportional to Qh and TR(z,t) is
B)
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proportional to Ao. The following three cases consider
different possible distributions of heat producing elements
for a crust thickened by horizontal shortening. In each
case the amount of thickening is given by the factor a.
AA ()=A* ) !-
Initial conditions: from (A3) with z replaced by z/a
T o 6 A e0- +-A
4 <(A)
Steady state:from (A3) with D = aD
/0T- AA ,)
%,( / 1o)
00
Thus, '-(, ) = ) -T with
(A/i14
13= 4o24. -(1-a4)
228.
1~ 4 f@-Pb 3 e#3~ (P p*b' iic Pb')-2J
2 4 Co(P'g1ts- ,-t I'>c''
(b) Az) Ao-z/D
(b) A(z) = Ae-,z/D assuming that the migration of heat
producing elements towards z = o is very slow compared
with heat conduction (i.e., Ao is the same before and after
crustal thickening).
Initial condition: from (A4), with z replaced by z/a
-r° c - ' "4.exp (- A, )
+(r P,- 4~2,p) . -D v p6 At, b4 (A /3)
Steady state: from (A4) with D = D'= aD
"T
, j -Ao . xp - Y' )J P4 +Aob', (4/4)
Thus, as in (All)
D I- -4o4 A" 6 o
D?.= A e/, x p C -1, ) - .
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T1%4
ii = (C-)I Lj L)4PI
13 = 12
1 4 = (A / T)
(c) A(z) = A0 e - z / D  and the migration of heat producing
elements is very fast compared with heat conduction
(i.e., D is the same before and after crustal thickening).
Initial conditions are the same as (A13)
Steady state: from (A4) with Ao = aAo
+ 0, Ao Ae(p6-1 + P4o
(A /6 )
Thus, as in (All)
,=- A0
7>1= ,. - .
2)=-;oL- ( a pc- ;, - )
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bj4f
13--
(A/')
The solution Tm (z,t) for Ao = 0 (no heat production)
is also found in Carslaw and Jaeger [1959, p. 113] with zero
temperature as the initial condition and a steady state of
T = Qh z//4:
Thus T = T ' + To = T ' +(l/a)Qhz/,, CA /9)
m m m m
We plotted Tm' as function of time (Fig. Al) for three
different depths z = h', 0.786h' and h'/2 (70 km, 55 km
and 35 km for h' = 70 km). Time is given in million years
for the cases with h' = 70 km and k = 0.01 cm2/sec. These
can be scaled easily for different values of h' and dk by k/.
Since Tm0 and Tm0 are readily calculated by (A2). Any Tm'
can be found by using Fig.Al. For instance, at z = h', with
h' = 70 km, a = 2, . = 6 x 10 - 3 cal/(cmo-C-sec) and
cal/cm2 secQh = 0.94 HFU cal/cm sec), Tm0 = 550C and Tm' = 550 0 C.
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After 20 m.y., Tm' = 550 x 0.4 (Fig. Al) so that
Tm = 220 + Tm0 = 770 0 C.
For TR, we calculated the values at three different
depths of z: 70 km, 55 km, and 35 km (Fig. A2, A3 and
A4). We have used a = 2 and h = 35 km to approximate the
situation in Tibet. The time scale is the same as in
Fig. Al and TR is normalized by the steady state values,
TR. Both TR0 and TR and their asymptotes for
D/h-+0 are shown in Fig. A5 for the three cases considered
above, at the three given depths.Ao is normalized to
-13 31 HGU (10 13cal/cm3-sec) for case (a) and 10 HGU for (b)
and (c). With these values any TR for a given D and time
can be found. For example, at 70 km depth and 20 m.y. for
D = 20 km and Ao = 1 HGU, with uniform distribution of heat
producing elements in the crust (a), TR = 133.3 x 0.36 = 480C
(Fig. A5a). Therefore T = Tm + TR = 818 0C.
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Appendix A Figure Captions
Fig. Al (a) Temperature change Tm' at z = h' due to mantle
00
heat flux, Qh, normalized by the steady state value T'm ,
as a function of time. See equations (A18) and (A19).
Time scale is in m.y., if h' = 70 km, and K = 0.01 cm2 /s,
but can be scaled by h'2/K. (b) Temperature change as in
(a) but at depths z = 0.786 h''and z = h'/2.
Fig. A2 (a) Temperature change due to radioactivity
(TR) at z = h', normalized by its steady
state value TRw, as a function of time, for different
values of D. The distribution of radioactive elements are
uniform with a thickness of D from the surface (case (a),
Appendix A). See equations (All) and (A12).
Fig. A2 (b) Temperature change due to radioactivity (TR) at
z = h', normalized by the steady state value TR , as a
function of time (as in Fig. Al) for different values of
D. The distribution of radioactive elements decays
exponentially with depth. Surface heat production rate is
kept constant during crustal thickening (case (b),
Appendix A). See equations (All) and (A15).
Fig. A2 (c) Temperature change due to radioactivity (TR) at
z = h', normalized by the steady state value TR , as a
function of time (as in Fig. Al) for different values of D.
The distribution of radioactive elements decays exponentially
with depth, but D is kept constant during crustal thickening
(case (c), Appendix A). See equations (All) and (A17).
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Fig. A3 (a) TR as a function of time at z = 55 km, for h' =
70 km and for different values of D. See Fig. A2 (a) for
details.
Fig. A3 (b) TR as a function of time
70 km and for different values
details.
Fig. A3 (c) TR as a function of time
and for different values of D.
Fig. A4 (a) TR as a function of time
and for different values of D.
Fig. A4 (b) TR as a function of time
and for different values of D.
Fig. A4 -(c) TR as a function of time
and for different values of D.
at z = 55 km,for h' =
of D. See Fig. A2 (b) for
at z = 55 km for h' = 70 km
See Fig. A2 (c) for details.
at z = 35 km, for h' = 70 km
See Fig. A2 (a) for details.
at z = 35 km, for h' = 70 km
See Fig. A2 (b) for details.
at z = 35 km, for h' = 70 km
See Fig. A2 (c) for details.
Fig. A5 (a) Contribution to steady state temperature due to
radioactivity (TRm) as a function of D at three different
depths: 70 km, 55 km and 35 km. The distribution of
radioactive elements are uniform with a thickness of D
from the surface (case (a), Appendix A). See equations (A9)
and (AlO).
Fig. A5 (b) Steady state contribution to temperature change due
to radioactivity (TRm) as a function of D at three different
depths = 70 km, 55 km, and 35 km. The distribution of
radioactive elements decays exponentially with depth.
Surface heat production rate is kept constant during
crustal thickening (case b, Appendix A). See equations
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(A13) and (A14).
Fig. A5 (c) Steady state contribution to temperature change
due to radioactivity (TR ) as a function of D at three
different depths: 70 km, 55 km and 35 km. The distribution
of radioactive elements decays exponentially with depth,
but D is kept constant during crustal thickening (case (c),
Appendix A). See equations (A13) and (A16).
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APPENDIX B
This section describes the contribution of the co-authors
in the co-authored papers which appear in Chapter II, III and IV.
Three quarters of the old seismograms used in Chapter II.
were collected by P. Molnar and he digitized several of them.
He also wrote a prototype of the computer program for
analyzing these old seismograms. I collected and digitized
the rest of the seismograms and revised the computer program
into its present form. I am also responsible for the pro-
cessing of the seismograms, calculating the seismic moment
tensors and the average strain tensor, relocating the after-
shocks, and reading the P-pP delays.
Most of the seismograms used in the surface wave and
PL phase studies in Chapter III are also collected and digi-
tized by P. Molnar. I processed all the seismograms and
calculated the observed and theoretical dispersion curves.
I also generated all the synthetic seismograms and wrote
programs for calculating the refraction profiles and the
numerical values of the heat conduction problem. P. Molnar
checked some of my analytical solutions to the heat conduction
problem and he also pointed out that equation A18 can be found
in Carslaw and Jaeger's book.
In Chapter IV, the original version of the computer
program for inverting the body wave amplitude data and
synthesizing P wave signals are due to T.J. Fitch and J.L.
Nabelek, respectively, while Peter Molnar determined most
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of the P wave first motion polarities. The collection,
digitizing and processing of the seismograms, generation of
the synthetic seismograms, and the interpretation of the
results are the author's responsibility except that P. Molnar
pointed out the Hawaiian earthquakes and the estimated
temperatures for that source region using a cooling plate model.
